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Mechanical properties of lithosphere are of primary importance for interpretation of deformation at all spatial and time scales, from local scale to large-scale geodynamics and from seismic time scale to billions of years. Depending on loading conditions and time scale, lithosphere exhibits elastic, brittle (plastic) or viscous (ductile) properties. As can be inferred from rock mechanics data, a large part of the long-term lithospheric strength is supported in the ductile or ductileeelastic regime, while it also maintains important brittle strength. Yet, at short seismic time scale (s), the entire lithosphere responds in elastic/brittleeelastic regime. Even though rock mechanics experiments provide important insights into the rheological properties of the lithosphere, their conditions (e.g., time scales, strain rates, temperature and loading conditions) are too far from those of real Earth. Therefore, these data cannot be reliably extended to geological time- and spatial scales (strain rates w1017 to 1013 s1) without additional parameterization or validation based on geological time scale observations of large-scale deformation. For the oceanic lithosphere, the Goetze and Evan’s brittleeelasticeductile yield strength envelopes (YSEs) were validated by geodynamic scale observations such as the observations of plate ﬂexure. However, oceanic lithosphere behavior in subduction zones and passive continental margins is strongly conditioned by the properties of the continental counterpart, whose rheology is less well understood. For continents and continental margins, the uncertainties of available data sources are greater due to the complex structure and history of continental plates. For example, in a common continental rheology model, dubbed “jelly sandwich”, the strength mainly resides in crust and mantle, while in some alternative models the mantle is weak and the strength is limited to the upper crust. We address the problems related to lithosphere rheology and mechanics by ﬁrst reviewing the rock mechanics data, Te (ﬂexure) and Ts (earthquake) data and long-term observations such as folding and subsidence data, and then by examining the physical plausibility of various rheological models. For the latter, we review the results of thermo-mechanical numerical experiments aimed at testing the possible tectonic implications of different rheology models. In particular, it appears that irrespective of the actual crustal strength, the models implying weak mantle are unable to explain either the persistence of mountain ranges for long periods of time or the integrity of the subducting slabs. Although there is certainly no single rheology model for continents, the “jelly sandwich” is a useful ﬁrst-order model with which to parameterize the long-term strength of the lithosphere. It is concluded that dry olivine rheology laws seem to represent well the long-term behavior of mantle lithosphere in oceans, margins and continents. As to the continent and margin crust rheology, analysis of the results of thermomechanical models and of Te data based on the most robust variants of ﬂexural models, suggests that continental plates with Te 30e50% smaller than their theoretical mechanical thickness hm (i.e. Te ¼ 20 e60 km) should be characterized by a weak lower or intermediate crustal rheology enabling mechanical decoupling between crust and mantle. Older plates such as cratons are strong due to crustemantle coupling and speciﬁc properties of the cratonic mantle lithosphere. Ó 2011 Elsevier Ltd. All rights reserved.
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1. Introduction. Plate rheology and mechanics
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The notion of “mechanical lithosphere” appeared in the early 20th century, in conjunction with that of seismic lithosphere, after the formulation of the continental drift theory by Wegener and ﬁrst interpretations of regional isostasy by J. Barrel and Vening-Meinesz
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(Barrell, 1914; Watts, 2001). The fact that the lithosphere has ﬁnite measurable strength has been demonstrated from observations and models of regional isostatic compensation of considerable topographic loads such as oceanic islands or continental mountain belts. Before that, the lithosphere was considered either as a very strong solid layer (Pratt’s model) or, in-turn, a weak fractured layer (Airy’s model). Post-glacial rebound studies of the early 20th century have contributed to the deﬁnition of the “mechanical lithosphere” as the uppermost layer of the solid Earth characterized by slow visco-elastic relaxation, in contrast to the underlying, relatively low viscosity asthenosphere. The long-term mechanical base of the lithosphere, hm, is limited by the depth to the 500e600  C isotherm in oceans and the 700e800  C isotherm in continents, while the base of the thermal lithosphere is almost twice as deep at the 1330  C isotherm. The rheology and strength of the Earth’s lithosphere have been a topic of debate since the beginning of the 20th century when Joseph Barrell introduced the concept of a strong lithosphere overlying a ﬂuid asthenosphere (Barrell, 1914). This concept constitutes an integral part of plate tectonics (e.g. Le Pichon et al., 1973; Watts, 2001; Turcotte and Schubert, 2002) and the question of how the strength of the plates varies spatially and temporally is fundamental to geology and geodynamics (e.g., Cochran, 1980; Jackson, 2002; Burov and Watts, 2006; Burov, 2007, 2010). As suggested on the basis of recent mantleelithosphere interaction models (e.g., Schmeling et al., 2008), the elastic and plastic properties of the lithosphere essentially determine the geometry of lithospheric plates and the mechanisms of formation of constructive, destructive and transform plate boundaries at a global scale. At smaller scales, the mechanical properties of the lithosphere condition formation and evolution of major geological structures such as spreading centers, transform/strike-slip faults, rift and foreland basins, passive margins, mountain ranges or plateaus. They also control short-term processes such as seismicity (Watts and Burov, 2003). The strength of lithospheric plates depends on their structure and rheological properties exhibited in the particular geodynamic context. For a rock of given mineralogical composition and microstructure, the most important controlling parameters are pressure, temperature, strain, strain rate, strain history, ﬂuid content and pore ﬂuid pressure, grain size, fugacities of volatiles, and chemical activities of mineral components (Evans and Kohlstedt, 1995; Keefner et al., 2011). Goetze and Evans (1979) were the ﬁrst to combine the data of experimental rock mechanics and extrapolate them to geological time and spatial scales. They introduced the yield-strength envelope (YSE) for the oceanic lithosphere, that is, a vertical proﬁle which predicts the maximum differential stress supported by rock as a function of depth. In YSE rheology models, the depth dependence of rock strength integrates multiple factors such as the increase of both brittle and ductile strength with pressure, the decrease of ductile strength with depth-increasing temperature, lithological structure and ﬂuid content. YSEs are used both to validate rock mechanics data and to explain the mechanical behavior of lithospheric plates. The YSE concept has been proven to work fairly well for oceans where it explains the observed age and temperature dependence of plate responses to surface and subsurface loads. Yet, the same concept faces a number of difﬁculties in continents and at continental margins (Burov and Diament, 1995; Jackson, 2002; Handy and Brun, 2004; Afonso and Ranalli, 2004; Burov and Watts, 2006; Burov, 2010). However, a complete understanding of oceanic lithosphere dynamics requires a thorough account for thermo-mechanical response of its continental boundaries, as well as a study of continental dynamics itself.
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One of the major experimental rheology laws used for construction of YSEs is Byerlee’s law of brittle failure (Byerlee, 1978). Byerlee’s law demonstrates that brittle rock strength is above all a function of pressure-depth, and is almost independent of rock type (Fig. 1). Byerlee shows that most common rocks exhibit a similar relationship between yield stress and normal stress, and that this relationship resembles MohreCoulomb plasticity. That is, it refers to the classical Amonton’s law of friction (e.g., Nadai, 1963). Byerlee’s law has been conﬁrmed by multiple studies, which show that most rocks have similar angles of internal friction (30 e33 ) and similar (small) dilatation angles (w10 ). This explains why highly stratiﬁed brittle rocks often behave as a mechanically uniform media: tectonic faults can propagate large distances at depth or horizontally, ignoring lithological stratiﬁcation and inherited structures. The fault dip or the angle between conjugate faults is a function of the internal friction angle; it is thus possible to constrain the properties of brittle rocks from direct observations of fault/fracture geometries. These properties do not depend on time scale. Hence, brittle failure parameters derived from laboratory experiments can be applied on geological spatial and temporal scales. Of course, anomalous inclusions, variations in porous pressure or stress concentrations can change fault geometries (e.g., Melosh, 1990; Lavier et al., 2000; Le Pourhiet et al., 2004; Tirel et al., 2004; Huismans et al., 2005). Explanations for the formation of low angle faults observed in some contexts present a speciﬁc problem (e.g., Melosh, 1990; Huet et al., 2011). Yet, in most cases, observations of “abnormal” fault dips can be explained within Byerlee’s law. For example, most common interpretations of low angle faulting compatible with Byerlee’s law refer to local rotation of principal stress axis due to shear ﬂow in the ductile crust (e.g., Melosh, 1990) or due to ﬂexural rotation of originally steep faults (e.g., Buck, 1988). Other explanations refer to various special mechanisms of friction or cohesion softening applied to the Byerlee’s law (e.g., Huismans et al., 2005). In contrast with brittle properties, ductile rock strength strongly depends on rock type and a large number of speciﬁc conditions such as grain size, macro- and microstructure, temperature, strain rate, ﬂuid content and many other factors. In particular, ductile behavior depends non-linearly on strain rate and thus on the time scale of the deformation process. Laboratory experiments are conducted on human time scale (5e10 years). Their results are then extrapolated to a geological time scales (>106 y). From a mathematical point of view such huge extrapolation cannot be justiﬁed, speciﬁcally because of the non-linear character of ductile deformation. From a physical point of view, one also cannot be certain that the same mechanisms of ductile deformation act both at slow and high strain rates, or at both low and high temperatures (exaggerated temperatures are commonly used in experiments to accelerate deformation and to avoid brittle failure). Solid-state theory successfully reproduces some creep mechanisms such as diffusion creep or pressure solution (e.g., Poirier, 1985). However, this is not the case for major creep mechanisms such as dislocation creep (e.g., Hull and Bacon, 1984). Most of the Arrehenius-type constitutive laws proposed for ductile rocks are approximations of experimental data and are not physically formulated dependencies (e.g., Brace and Kohlstedt, 1980; Rutter and Brodie, 1991). The YSEs derived for oceanic and continental lithosphere under the assumption of dry olivine rheology, predict important strength in the mantle part, down to 50e60 km depth in oceans and to 100e120 km depth in cratons. However, some studies (e.g., Jackson, 2002) suggest that lithosphere mantle is mechanically weak below 40 km depth, or, more exactly, below the 500  C isotherm. According to this hypothesis the cratons are thin and hot (equilibrium thermal thickness a ¼ z(1330 ) w 100 km and the continental plate strength is concentrated in the crust. These
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Figure 1. a. Right: Experimentally established linear dependence between normal stress and shear stress for compressional failure of various rocks. Modiﬁed from Byerlee (1978). These data demonstrate the applicability of CoulombeNavier failure criterion s ¼ C0 þ msn and relative independence of the Byerlee’s law on rock type. Note, however, that this law has been validated only for ﬁrst several kilometers of the upper crust (pressures of few MPa). It is commonly linearly extrapolated to more important depth/pressure conditions (up to 40e50 km depth or 1e1.5 GPa). Left: Two principal failure criteria (CoulombeNavier and Grifﬁth). Under general compression (here, sn > 0), Coulomb criterion predicts linear relation between normal stress sn and shear stress s. Under general extension (here, sn < 0), parabolic Grifﬁth criterion applies. C0 is cohesion, T0 is tension cut-off, m is friction coefﬁcient, b is friction angle, s1 and s3 are principal stresses. 2a is angle between two conjucted faults forming under stress s1, f ¼ p/2  2a is friction angle (m ¼ tan f). For most dry rocks f ¼ 30 . Modiﬁed from (Price and Gosgrove, 1990). It can be seen that Byerlee’s law corresponds to MohreCoulomb plasticity with pre-existing fractures. b. Dependence of brittle strength on depth/pressure: lithostatic pressure (if not stated otherwise), ﬂuid pressure and tectonically induced over- or underpressure. Note that rocks are weaker under extension than under compression, which explains frequent deep seismicity in overall weak rift zones. Tectonic extension or compression may change total pressure, and, consequently, brittle strength, by a factor of respectively 0.5e2. Combined from (Watts, 2001) and (Petrini and Podladchikov, 2000). l is pore pressure factor.



propositions arrive from conﬂicting interpretations of rock mechanics and intra-plate seismicity data. Plate seismicity is detected mainly above 40 km depth (Jackson, 2002) both in continents and oceans. Jackson (2002) ﬁnds that all continental microseismicity originates in the crust. Yet, re-assessment of same data sets by Monsalve et al. (2006) shows earthquake locations as deep as 100 km, that is, well below the Moho depth. Nevertheless, most micro-seismic events do indeed occur above 40 km depth. In continents, the depth interval 0e40 km corresponds to deversly composed graniteedioriteefeldsparediabaseegranulite crust, but in the oceans it comprises 30 km of olivine-based uppermost mantle lithosphere and 7e10 km of basaltic crust. Hence, it can be logically concluded that in the 0e40 km depth interval the maximum earthquake depth cannot be strongly related to rock type. The only rheological property that is largely rock-type independent is brittle strength (Byerlee, 1978), which is a simple linear function of pressure. In contrast, ductile strength is strongly dependent on rock type and temperature and is expected to vary considerably at 40 km depth or 500  C isotherm in different plates. Consequently, it is reasonable to assume that maximum earthquake depth is linked to depth-dependent brittle strength and should be



conditioned by intra-plate stress levels. Indeed, brittle strength is expected to be similar at the same depth both in oceans and continents. For this reason a large number of studies (e.g., Watts and Burov, 2003; Handy and Brun, 2004) do not ﬁnd any signiﬁcant correlation between seismic depth and the long-term ductile strength of the lithosphere. It is pointed out that if a direct link between the two properties could exist, it would have to be an anticorrelation. According to this point of view, depth-dependent conﬁning pressure precludes brittle failure explaining the scarcity of deep earthquakes. Hence, it is suggested that seismic deformation is a sign of mechanical weakness of shallow levels of the lithosphere. In addition, in continents, mechanical crustemantle decoupling results in a stress drop at the Moho boundary making mantle earthquakes even less possible. The other part of this reasoning refers to the fact that seismicity is characteristic of shorttime scale behavior, which is physically unrelated to long-term rheology because at this short time scale visco-elasto-plastic lithosphere is expected to deform only in brittleeelastic mode. Consequently, there may be no direct correlation between seismic behavior and long-term ductile behavior. Indeed, the observations of plate ﬂexure below orogens (Watts, 2001) suggest
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that many continental plates have strong elastic cores (Te), that are 2e2.5 times thicker than the seismogenic layer thickness, Ts. However, a number of points still need to be explained. In particular, maximum earthquake depth apparently correlates with the long-term brittle layer thickness, which vanishes, together with Te, in the vicinity of oceanic spreading centers. The long-term thickness of the brittle layer is controlled by the depth to the brittleeductile transition (BDT) and hence is temperature dependent. Thermal gradients in hot lithosphere near spreading centers are much steeper than in normal lithosphere. As a result, due the exponential dependency of the ductile strength on temperature, the BDT depth near ridges is close to the depth of 500e700  C that deﬁnes the bottom of the mechanical lithosphere. Hence near the ridges plate strength is concentrated in the uppermost brittle layer; the yield-stress envelope is saturated, that is, the deformation is largely non-ﬂexural. In these speciﬁc conditions integrated plate strength may correlate with Ts . With distance from spreading centers BDT depth becomes shallower than the depth to 500e600  C, an elastic core forms within the lithosphere, and the correlation rapidly breaks down. In particular, there is a large difference between the depth of extensional and compressional earthquakes (Watts and Burov, 2003). However, driven by the idea of correlation between the seismogenic layer thickness and long-term strength of the lithosphere, a number of authors (Jackson, 2002; McKenzie and Fairhead, 1997; Zoback and Townend, 2001) challenge conventional rheology models for the lithosphere where ductile mantle provides an important contribution to the integrated plate strength. In continents the conventional model is known as the “jelly sandwich” because the assumption of strong mantle implies a stratiﬁed rheology proﬁle with strong upper/lower crust and mantle layers separated by a weak “jelly-like” ductile layer at the base of the lower crust. The above-mentioned authors state that the “jelly sandwich” model is incorrect, proposing instead a model in which all long-term strength is concentrated in the brittle layer. For continents, they have chosen a rheology envelope originally developed for Venus (Mackwell et al., 1998), in which the crust is strong, but the mantle is weak. This model (that I dubbed “crèmebrûlée” model) suggests that continents are thin and hot (>800  C at 60 km depth) and have a water-saturated mantle. Historically, the “crème-brûlée” model has arisen because of conﬂicting results from rock mechanics, earthquake and elastic thickness (Te) data. Even if its validity is largely debated, its appearance illustrates the lack of reliable constraints on long-term rheology. Indeed, while one can systematically improve the precision and inherent consistence of rock mechanics experiments, it is difﬁcult to prove, on the basis of laboratory experiments alone, that these data are relevant to long-term deformation (Kohlstedt et al., 1995). There is actually much confusion concerning the interpretation of brittleeelasticeductile yield stress envelopes (YSEs) derived for the continental lithosphere. Even if the underlying rheology laws were robust, the common YSE proﬁles introduce additional uncertainties, because they are derived using strong assumptions regarding the shape of the geotherm, pressure, strain and strain rate distribution at depth. For example, Jackson’s (2002) suggestion that the depth of seismicity is limited by the depth of the brittleeductile transition (BDT) is based on interpretation of YSEs derived for geological strain rates (w1017 to 1015 se1). Yet, long-term YSEs are not valid for seismic time scale deformation: when recomputed for seismic strain rates (103e106 se1), YSEs predict that at this time scale the lithosphere is entirely brittleeelastic, with BDT depth well below its bottom. Indeed, as revealed by post-glacial rebound data (e.g., Peltier, 1974; Peltier and Andrews, 1976) the shortest ductile times scales in the lithosphereasthenosphere system are on the order of thousands of years.
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Consequently, the long-term BDT depth is not a direct proxy to maximum seismic depth. It can be only argued that since brittle earthquakes take place on the pre-existing fractures or faults forming by coalescence of smaller fractures, they will more likely happen within a permanently brittle layer. It becomes evident that independent large-scale constraints are needed to assess the long-term rheology of the lithosphere. In the following chapter we summarize available experimental and observational data on lithosphere rheology and discuss possible approaches for parameterization and the application of data from experimental rock mechanics at geological temporal and spatial scales. 2. Rock mechanics data and conventional rheology models For very small strains and/or short time scales (e.g. seismic), rocks deform elastically (Tables 1e4). Under stress, atomic bonds can be broken at quite small strains leading to inelastic deformation. Inelastic ductile deformation results from thermally activated creeping ﬂow at long time scales. The most common mechanisms of ductile ﬂow refer to atomic diffusion under pressure, sliding along intra-crystal dislocations, point or planar defects, or to sliding at grain boundaries. Inelastic brittle deformation results from coalescence of preexisting micro-cracks and fractures into a single frictional shear band (fault) at sufﬁciently high strains (Byerlee, 1978; Lokhner, 1995), In nature there is no pure elastic, viscous or plastic deformation; all types of deformation take place simultaneously but in different proportions. 2.1. Elastic properties Elasticity arises from short-range interatomic forces that, when the material is unstressed, maintain the atoms in regular patterns. Stresses resulting from elastic deformation are linear function of strain, and the initial geometry of the material is fully recoverable after stress/strain relief. The elastic strain propagates with a speed of sound and goes ahead of viscous or plastic strain. This behavior is described by linear Hooke’s law:



sij ¼ l3ii dij þ 2G3ij



(1)



where l and G are Lame’s constants. Repeating indexes mean summation and d is Kronecker’s operator. l and G are related to the incompressibility (bulk) modulus Ke:



Ke ¼ 1=3ð3l þ 2GÞ



(2)



An equivalent form of Eq. (1) is:



3ij ¼ E1 sii dij  E1 ysij G ¼ E=2ð1 þ yÞ;



(3)



l ¼ Ey=ðð1 þ yÞð1  2yÞÞ



where E is Young’s modulus and y is Poisson’s ratio. A number of direct observations suggest that the lithosphere maintains elastic stresses over long periods of time. These observations demonstrate that lithospheric plates behave as rigid blocks or shells for tens and hundreds Myr. Plate tectonics is the most evident demonstration of



Table 1 Commonly inferred parameters for diffusion creep in the mantle lithosphere, n ¼ 1 (Karato et al., 1986). Rock/mineral



A (s1 Pa mmm)



m



Q (kJ mol1)



Comments



Dry Olivine Wet Olivine



7.7  108 1.5  109



1e3 1e3



536 498



(Karato et al., 1986) (Karato et al., 1986)
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Table 2 Commonly inferred parameters of dislocation creep. These data are provided with primary goal to demonstrate characteristic values of parameters, for latest updates see e.g. (Kohlstedt, 2007). A (MPan s1)



Rock/mineral



4



n



Q (kJ mol1)



Comments Brace and Kohlstedt, 1980; Kirby and Kronenberg, 1987; Kohlstedt et al., 1995 Gleason and Tullis, 1995 (Fig. 3b) Ranally and Murphy, 1987 Kirby, 1983 Kirby, 1983 Mackwell et al., 1998 (Fig. 3b) Mackwell et al., 1998 Mackwell et al., 1998 Ranally, 1995 Wilks and Carter, 1990 Wilks and Carter, 1990 Wilks and Carter, 1990 (Fig. 3b) Chopra and Paterson, 1984 Evans and Kohlsted, 1995 Hirth and Kohlstedt, 1996 Wilks and Carter, 1990 Chopra and Paterson, 1981 Hirth and Kohlstedt, 1996 Evans and Kohlstedt, 1995 Chopra and Paterson, 1981 Karato et al., 1986 Karato et al., 1986 Karato et al., 1986 Chopra and Paterson, 1984 Chopra and Paterson, 1984, Fig. 3b Chopra and Paterson, 1981, Fig. 3b



Wet Quartzite



10



2.4



160



Wet Quartzite Dry Quartzite Dry diabase Dry diabase Columbia diabase (weak) Maryland diabase (strong) Granite(wet) Wet diorite Dry maﬁc granulite Undried Adirondac granulite Undried Pikwitonei granulite Dry Olivine Dry Olivine Dry Dunite Microgabbro Wet Olivine (dunite) Wet Olivine Wet Aheim dunite Dry Anita Bay dunite Wet Synthetic San Carlos olivine Dry Synthetic olivine Wet Synthetic olivine Wet Anita Bay dunite Wet Aheim dunite Dry olivine



1.1  104 6.3  106 103.7 2.0  104 190  110 84 2  104 3.2  102 1.4  104 3.18  104 1.4  104 104 4.8 4.85  104 5  109 275.6 4.876  106 2.6 4.5 1.5  106 5.4 3.3 955 417 4.85  104



4 2.4 3.4 3.4 4.7  0.6 4.7  0.6 1.9 2.4 4.2 3.1 4.2 3 3.0 3.5 3.4 4.45 3.5 4.5 3.6 3 3.5 3.0 3.4 4.48 3.5



223 156 260 260 485  30 485  30 140 212 445 243 445 520 502 535 497 498 515 þ -30 498 535 250 540 420 444 498 535



3_ 0 ¼ 5.7  1011 s1, s0 ¼ 8.5  103 MPa; H* ¼ 535 kJ mol1



Olivine (Dorn’s dislocation glide) at s1  s3  200 MPa)



this phenomenon (DeMets et al., 1990). For normal loading, plate ﬂexure, or regional isostasy studies demonstrate that plates behave as thin rigid plates of ﬁnite thickness called equivalent elastic thickness of the lithosphere (Te, Fig. 4a). Te varies from 0 km for very young areas (spreading centers) to 110 km for cratons (Watts, 2001). The continent average Te is 30e50 km. For oceans Te is proportional to the square root of their age t (in Myr) (Le Pichon et al., 1973) and is generally smaller than 50 km:



Te oceans w5t 1=2



Table 4 Summary of most common thermal and mechanical parameters of the lithosphere (also used in various model simulations shown in this paper). Type



Parameter



Value



Thermal



Tz0, surface temperature Tm, temperature at base of thermal lithosphere kc, thermal conductivity of the upper crust kc2, thermal conductivity of the lower crust km, thermal conductivity of mantle cc, thermal diffusivity of the upper crust cc2, thermal diffusivity of the lower crust cm, thermal diffusivity of mantle Hs, radiogenic heat production at surface hr, radiogenic heat production decay depth constant Hc2/Cc2 heat source term, lower crust a, equilibrium thermal thickness of lithosphre t, thermo-tectonic age of the lithosphere



0 C 1330  C



(4)



The age t of the oceanic lithosphere is a proxy of its thermal state and thus of its ductile strength. The integrated strength of the oceanic lithosphere is largely controlled by its ductile strength. In the continental domain, Te is controlled by several factors and cannot be estimated from simple relations (Burov and Diament, 1995). Mechanical



2.2. Brittle or plastic properties Brittle failure occurs in different modes. One of them refers to tensile failure that results in fractures parallel to one of the axis of the principal stresses (s1, s3) and does not depend on conﬁning pressure (Jaeger and Cook, 1976). However, tectonic fracturing is mostly related to shear failure, which is pressure dependent plastic behavior [Fig. 1; (Nadai, 1963)]. Brittle deformation in shear described by Byerlee’s law refers to frictional sliding on pre-existing micro-fractures with either one or two fault planes forming an Table 3 Peierls plasticity.



Coulomb criterion e friction angle C0, Byerlee’s law/Mohre Coulomb criterion e Cohesion A,m,n,Q,H, ductile ﬂow law parameters Te, equivalent elastic thickness h1c, h2c, hm, mechanical bottoms of the upper crust, lower crust and mantle, respectively Divers



Rock/mineral



s0 (MPa)



3_ ðs1 Þ



Q (kJ mol1)



Comments



Synthetic Olivine San Carlos Peridotite



8500 9100



5.7  1011 1.3  1012



536 498



Karato et al. (1998) Goetze and Evans (1979)



rc, density of upper crust rc2, density of lower crust rm, density of mantle (undepleted) ra, density of asthenosphere Lamé elastic constants l, G (Here, l ¼ G) f, Byerlee’s law/Mohre



Tc, crustal thickness



Ts seismogenic layer thickness



2.5 Wm1  C1 2.0 Wm1  C1 3.5 Wm1  C1 8.3  107 m2 s1 6.7  107 m2 s1 106 m2. s1 9.5  1010 W kg1 10 km 1.7  1013  K s1 125e350 km 0e1000 Myr 2700 kg m3 2900 kg m3 3330 kg m3 3310 kg m3 30 GPa 30 20 MPa Tables 1-3 0e110 km 1330  C), the deformation appears to be dominated by linear diffusion creep (note, however, that a number of studies have suggested that the upper mantle is partly driven by the dislocation creep (Van Hunen et al., 2005)). 2.3.1. Diffusion and dislocation creep The dominant ductile ﬂow mechanisms in the lithospheree asthenosphere system are associated with the diffusion and dislocation creep. In contrast to brittle deformation, the ductile deformation is extremely dependent on rock type (e.g., Kirby and Kronenberg, 1987). Even small variations in mineral composition may have a strong impact on ductile properties (Kirby and Kronenberg, 1987; Mackwell et al., 1998; Brace and Kohlstedt, 1980; Kohlstedt, 2007; Bürgmann and Dresen, 2008; Tables 1 and 2). The mechanisms of ductile deformation are variable and abundant: diffusion creep, numerous variants of dislocation creep (dislocation climb, glide, screw, edge.), pressure solution, grain boundary sliding and so on. Grain size sensitive (GSS) diffusion creep (Nabarro-Herring (volume diffusion) or Coble creep (surface diffusion) (Ashby and Verall, 1978) is associated with temperature dependent directional diffusivity of rocks and minerals under applied stress (Table 1):







3_ d ¼ Aam fw Dsn exp  HðRTÞ1







(14)



where 3_ d is shear strain rate, A is a material constant, a is a grain size, m is a diffusion constant, fw is the water fugacity factor, n is a power law constant, Ds ¼ s1  s3 is differential stress, R is



Figure 2. Typical example of experimental data on ductile ﬂow in rocks (olivine aggregates, power and Dorn ﬂow laws for different temperature-stress domains). Shown also are predicted viscosity values, m, for 100 MPa stress level (open circles). Note sensitivity to strain rate 3_ and rock composition (triangles, squares and black dots correspond to different variants of principally the same olivine aggregates). The typical strain rates used in experiments (106e104 s1) are 10 orders of magnitude higher than those in nature (1014e1017 s1), which poses a serious question on the possibility of extrapolation of these data onto geological time scales. Modiﬁed from (Goetze and Evans, 1979 and Watts, 2001). Hypothetical extrapolation of experiential data to seismic time scales (1 s) predicts very low viscosity values, yet at this time scales creep takes place at temperatures that are higher than maximum lithospheric temperature (1330  C). Consequently, it is unlikely that seismic movements can activate ductile creep in lithospheric mantle.



Bolzman’s gas constant, H is creep activation enthalpy, H ¼ Q þ PV, where Q is activation energy, P is pressure and V is activation volume, T is temperature in K. For olivine-rich rocks at high temperature-low stress conditions, m ¼ 3 and n ¼ 1 so that the constitutive law is linear Newtonian. At high stresses and moderate temperatures < 1330  C, m ¼ 0 and n ¼ 3, the creep rate is dominated by grain size insensitive (GSI) dislocation creep (Power law, Dorn law). The power ﬂow law is strongly non-Newtonian (Table 2) for Ds < 200 Mpa:











3_ d ¼ Afw Dsn exp  HðRTÞ1 for Ds < 200 Mpa ðPower lawÞ (15) 















3_ d ¼ Afw exp  H 1  Ds=sp 2 =RT for Ds>200 Mpa ðDorn lawÞ



(16)



where 3_ 0 and sp are respectively maximum strain rate and Peierls stress’ (lattice resistance to dislocation glide, on the order of several GPa). For tectonically relevant Ds/sp ratios (800  C), whereas dislocation creep and dry-GBS creep are the accommodating mechanisms at lower temperatures (500e800  C). GBS creep has been only recently considered in terms of its potential importance for tectonic-scale deformation (e.g., Precigout et al., 2007). Now, a growing number of studies suggest that like Peierls ﬂow, it can replace Byerlee’s law and dislocation creep in lithosphere mantle in a quite important depth range (e.g., Drury, 2005) corresponding, in continents to a 20e30 km layer of sub-Moho mantle and, in the oceans, to the bottom of the mechanical lithosphere. It is suggested that this mechanism may be responsible for softening and aseismic localization of shear deformation in the uppermost strong lithosphere mantle (e.g., Precigout et al., 2007), allowing, for example, for formation of narrow rifts without a necessity for large far-ﬁeld forces. Dry-GBS creep has been shown to accommodate grain size reduction during dynamic recrystallization and to induce signiﬁcant weakening at low temperatures. The phenomenological equation for the GBS creep has the same form as for the diffusion creep, yet with highly different parameters, in particular with n in the order of 3:







3_ d ¼ AGBS am sn exp  HðRTÞ1







(21b)



where AGBS is the pre-exponential constant, a is grain size, m is the GBS grain size exponent (typically m ¼ 2), n is the GBS power law constant (typically n ¼ 3.5), s is shear stress, H is creep activation
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enthalpy, T is temperature in  K. GBS creep thus combines features of both the diffusion and dislocation power law creep. Analogously to dislocation creep, it operates at high stresses and is highly nonlinear, with n close to that for dislocation power law creep in dry olivine. Yet, similarly to the diffusion creep, GBS creep is highly grain size sensitive, which makes of it an efﬁcient mechanism of strain localization in strong mantle. By itself, diffusion creep cannot play a strain localization role in the mantle lithosphere since it operates at high temperatures and small stresses (0.1e1 m), rocks, speciﬁcally crustal, may be highly structured. Their mechanical
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resistance may depend on their macro-structure more than on the rheological properties of the micro-constituents (Kohlstedt et al., 1995; Ji et al., 2000; Evans, 2005). For example, in strong mantle peridotites, strain may localize on weak mylonitic shear zones leading to overall weaker behavior (e.g., Jin et al., 1998). 6. Water content inﬂuences rock strength. In general rocks contain 0.05e0.1 wt% H2O. The experiments usually consider “wet”, “undried” or “dry” rock samples (Mackwell et al., 1998; Chen et al., 2006). However, for each particular region, it is difﬁcult to know whether the rock is dry, wet or partially wet (e.g., Karato, 1986). It is also argued that “dry” experiments never reach the “dryness” of some natural conditions (D. McKenzie, personnal communication). 7. Volatile fugacities, chemical and thermodynamic reactions modify the mechanical behavior of rocks. These factors are basically unknown or poorly controlled in nature. 8. Temperatureepressure (PeT) conditions of experiments do not represent natural PeT conditions or loading paths (e.g., Goetze and Evans, 1979). Basically it is only the “P” or “T” condition that is respected at any time. For example, in many cases temperatures used in experiments are signiﬁcantly higher than in nature. Due to these uncertainties, Brace and Kohlstedt (1980) and Kohlstedt et al. (1995) have suggested that real crustal rocks may be signiﬁcantly “softer” than the experimental estimates. As a highly encouraging point it should be noted, however, that the oceanic YSEs based on the dry olivine ﬂow law demonstrate a very good correlation with the observed Te values, age and thermal state of the lithosphere (e.g., Watts, 2001). For continents, one can attempt to validate or re-parameterize rock mechanics data by using observations of long term deformation, Te data and thermo-mechanical models (Watts and Burov, 2003; Burov and Watts, 2006). 4.2. Uncertainties in the synthetic yield stress envelopes In addition to the uncertainties involved in the rheology laws, there are many speciﬁc YSE uncertainties arising from various assumptions on thermal distribution, background strain rate, plate structure and rheological composition of the lithosphere. One of the most misleading, if not disastrous assumptions is that of the homogeneous background strain rate. Analytical and numerical models (e.g., Kusznir, 1991; Burov and Poliakov, 2001) predict strong (orders of magnitude) vertical and horizontal variations in strain rate in deforming lithosphere, for example in the ductile lower crust of continents. As a result, the effective strength may deviate by up to 30e80% from that predicted from constantrate yield stress envelopes. Ductile behavior is extremely sensitive to temperature and the presence of ﬂuids (e.g., Chen et al., 2006). A slight variation in the background geotherm, thermal conductivity or ﬂuid content may “transform”, for example, hard dry quartzite (Kirby and Kronenberg, 1987) to some equivalent of soft calcite (Kohlstedt et al., 1995). In power-law materials, shear stress weakly depends on the strain rate but strongly depends on temperature, T, and activation energy Q. As simple increase in Q by a factor of 2 “converts” weak quartzite into hardest olivine or clinopiroxene (Table 2). In the continental crust, behaviors predicted by the strongest dry ﬂow laws can be turned into those predicted by the weakest wet ﬂow laws by a small adjustment of the poorly constrained concentration of radiogenic heat sources. Internal heat production, not accounted for in laboratory experiments, may also inﬂuence long-term creep mechanisms (softening). The geotherm, T(z), not only controls the ductile strength of the lithosphere, but also, indirectly, it’s brittle strength through the



inﬂuence of temperature on the depth of the brittle ductile transition. Different assumptions on T(z) produce important differences in the predicted strength (Fig. 3b). In continents, age has no unique relation with thermal structure, and the surface heat ﬂow is “polluted” by up to 50% contribution from crustal radiogenic heat production (Turcotte and Schubert, 2002). The equilibrium thermal (or geochemical, seismic, gravimetric) thickness of continental plates, a (deﬁned as the depth to 1330  C) is an important parameter needed for consistent introduction of bottom boundary conditions in thermal models. For continents, a may vary from 150 to 350 km. a controls the mantle part of the geotherm much more than the surface heat ﬂux, q. This explains why for the same value of heat ﬂux, q, and identical rheological parameters, some authors predict very “hot” geotherms and, consequently, weak mantle behavior (Jackson, 2002; Mackwell et al., 1998) whereas others (e.g., Jaupart and Mareschal, 1999, 2007 and this study) predict colder geotherms, hence, stronger behavior. Seismic and seismic tomography data and geothermal data (e.g., Jaupart and Mareschal, 1999, 2007) suggest that continental lithosphere should be on average thicker than oceanic lithosphere (150e350 km compared to 100e125 km). However, it is not uncommon that, for simplicity, the same small thickness is imposed both for continents and oceans ((Jackson, 2002), Fig. 3b, right). This assumption potentially results in largely underestimated (50e100%) mantle strength. 4.3. Uncertainties in deformation mechanisms in nature There is a growing understanding that ductile, elastic or brittle deformation cannot be treated separately from each other. In general, mixed behaviors should prevail. Semi-brittle/semi-ductile behaviors can be developed near zones of brittleeductile transition or large shear bands. A number of studies argue that under upper crustal conditions, “non-Bayerlee” strain rate dependent frictional mechanisms may be activated simultaneously with ductile creep. This leads to a weak, ductile-like constitutive law for the brittle regime. According to these studies (e.g., Chester, 1995), upper crustal strength may be limited to maximum 50 MPa at 6e15 km depth. Observations of crustal rebound (Bills et al., 1994) indicate that the strength of the upper crust may be strongly reduced below 3 km depth, with an estimated maximum viscosity below 1023 Pa s, which suggests stress levels less than 50 MPa. Many known natural examples show that ductile creep can start (even in pure quartz) at 5e6 km depth (Patterson, 2002, personal communication). “Conventional” quartzite rheology (Ranalli, 1995) used for the upper crust is about 4 times stronger than “weakest” estimates found in literature. Yet, it is twice weaker than last estimates obtained using modern Patterson’s testing equipment (e.g., Bürgmann and Dresen, 2008). 4.4. Role of secondary factors: frictional heating, pressure, ﬂuid content, partial melting and methamorphic phase changes Fluid pressure reduces brittle strength (Fig. 1b), and a small (10) or low ( 30 20e35 15 6e9* 10e30 20e25* 20e25* >100 4e5 10 6e7 8
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175e400 >100 300 175 100 Ma). However, as mentioned above, a similar effect can be expected from strengthening of the lithosphere with age or due to the fact that the lithosphere approaches a permanent regime.



5.2. Rheology and observations of ﬂexure (Te data) The lithosphere responds to surface and subsurface loads by bending (Fig. 4a). Bending is characterized by vertical deﬂection, w(x) with a local radius of curvature, Rxy (x) or curvature, K(x) ¼ Rxy1 ¼ v2w/vx2. The amplitude and wavelength, l, of bending depend on the ﬂexural rigidity D or equivalent elastic thickness Te. D actually provides a direct measure for the integrated long-term strength of the lithosphere and is linked to the equivalent elastic thickness of the lithosphere, Te: D ¼ E Te3 (12(1  n2))1. The ﬂexural equation, when written in the form that uses bending moment Mx(x), is rheology independent. The elasticity is then used as the simplest rheological interpretation of bending strength. D and hence Te are estimated by ﬁtting the observed
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ﬂexural proﬁles (Moho depression for continents or bathymetry for oceans) to the solution of thin plate equation: Mx
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(34)



where Fx is the horizontal ﬁber force, Dr is the density contrast between surface material (topography/sediment) and asthenosphere, rc is the density of surface material, h(x) is initial topographic elevation and p(x) is any additional surface or subsurface load. For inelastic plates, Te and D represent the “condensed” plate strength linked to the integrated plate strength B (Eq. (23)). Te is therefore a direct proxy for the long-term integrated strength of the lithosphere, B (see Watts, 2001). For example, for a single-layer plate of thickness hm with Te ¼ Te_ocean:
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where sfxx is bending stress (Burov and Diament, 1995). For an inelastic rheology, Te is smaller than hm and has no geometrical interpretation but is derived from D and M. D and Te may spatially vary due to their dependence on local bending that leads to localized plate weakening (called plastic or ductile hinging) in the areas of utmost ﬂexure, e.g. near subduction zones or below mountains and islands (Figs. 4b and 5c). M and D are obtained from depth integration of bending stress sfxx, which is a function of local plate curvature K(x) ¼ v2w/vx2 (e.g., Burov and Diament, 1995):
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where zn(K) is the “ﬂoating” depth to the neutral stress free plane: zn(K) / 0.5hm as K / 0. By comparing observations of ﬂexure in the regions of long-term surface loading by, fro example, ice, sediment and volcanoes, to the predictions of simple elastic plate models, it has been possible to estimate Te and thus B, in a wide range of geological settings. Oceanic ﬂexure studies suggest that Te is in the range 2e40 km and depends on load and plate age (Fig. 5a and b). These results are consistent with the predictions of rock mechanics, so that Te values follow the age-controlled depth to 400e500  C (Fig. 5d). The Brace-Goetze YSEs (Brace and Kohlstedt, 1980; Goetze and Evans, 1979) predict that strength should increase until the depth of the brittleeductile transition (BDT), and then decrease in accordance with the brittle and ductile deformation laws. In oceanic regions, the failure curves are approximately symmetric about the BDT where the brittleeelastic and elasticeductile layers contribute equally to the strength. Since both Te and BDT generally exceed the mean thickness of the crust (w7 km) there is a little doubt that the largest contribution to the strength of oceanic lithosphere comes from the mantle, not the crust.



McAdoo et al. (1985) used Eq. (36) to calculate the ratio of Te(K) to hm for the middle value of oceanic thermal age of 80 Ma, a dry olivine rheology, and a strain rate of 1014 s1. They showed that for low curvatures (i.e. K < 108 m1) the ratio is 1, indicating little difference between the elastic thickness values. However, as plate curvature increases, the ratio decreases as Te (K) decreases. For K ¼ 106 m1 the ratio is w0.5, indicating a 50% reduction in the elastic thickness. The tendency of the oceanic lithosphere to yield in the seaward walls of trenches can be understood in terms of simple mechanical considerations. Ideal elastic materials support any stress level. In the case of real materials, stress levels are limited by rock yield strength at corresponding depths. Flexural strain in a bending plate increases with distance from the neutral plane. Consequently, the uppermost and lowermost parts of the plate are subject to higher strains and may experience brittle or ductile deformation as soon as the strain cannot be supported elastically. These deforming regions constitute zones of mechanical weakness since the stress level there is lower than it would be if the material maintained elastic behavior and, importantly, the stress there is not greater or no lower than it would be at the limits of the elastic core that separates brittle and ductile regions. The level of brittle and ductile stress, however, is very far from being negligible. A load emplaced on the oceanic lithosphere will therefore be supported partly by the strength of the elastic core and partly by the brittle and ductile strength of the plate. The signiﬁcance of Te values that have been estimated at trenches is that it reﬂects this combined, integrated, strength of the plate. As the topography of the Moho is accessible only from indirect observations, ﬂexural models use various techniques to compute the geometry of the Moho or of the basement from gravity anomalies. Departures of these anomalies from those predicted by local isostatic models (e.g. Airy, Pratt), have long played a key role in the debate concerning the strength of the lithosphere. Modern isostatic studies follow either a forward or inverse modeling approach. In forward modeling, the gravity anomaly due, for example, to a surface (i.e. topographic) load and its ﬂexural compensation is calculated for different values of Te and compared to the observed gravity anomaly. The ‘best ﬁt’ Te is then determined as the one that minimizes the difference between observed and calculated gravity anomalies (e.g., Watts, 2001). In inverse (e.g. spectral) models, gravity and topography data are used to estimate Te directly by computing the transfer function between them as a function of wavelength (e.g. admittance or coherence) and comparing it to model predictions Forsyth, 1985; Pérez-Gussinyé and Watts, 2005. As for all potential ﬁeld data, the inversion of gravity data has no unique solution. This makes inverse gravity-ﬂexural methods generally less reliable than direct models in complex continental settings, although recent developments in this domain are marked by very signiﬁcant improvements (Kirby and Swain, 2009) so that one has to draw a distinction between most admittance and early coherence analyses, which often used incorrect loading models or bias-prone windowing approaches, and the latest generation of synthetic-tested studies. Nevertheless, since inverse methods do not take into account boundary forces and moments at plate boundaries, they are still prone to biased results in the areas affected by active tectonics. In oceanic regions, however, forward and inverse modeling yield similar values of Te. This is no better demonstration of this along Hawaiian-Emperor seamount chain. Forward modeling reveals a mean Te of 25  9 km while inverse (spectral) modeling based on the free-air admittance method yields 20e30 km (Watts, 1978). When the Te estimates are plotted as a function of load and plate age (Fig. 5a and e) they yield the same result: Te increases with age of the lithosphere at the time of loading, being small (2e6 km) over young lithosphere and large over old lithosphere (>30 km).
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Figure 5. a. Revealed correlation between the observed ﬂexural strength Te and age-temperature of the oceanic lithosphere. Thermal distribution is computed according to the plate cooling model (Parsons and Sclater, 1977; Burov and Diament, 1995). The Te data are superimposed with computed geotherms. The relevant estimates refer to zones with normal thermal gradient such as fracture zones and trenches. Naturally, the cases of seamount loading cannot be ﬁtted with the standard cooling model due to both visco-elastic relaxation (younger mountains) and local thermal rejevenation of the underlying lithosphere by hot-spot activity (Watts, 2001). However, locally-adjusted thermal models conﬁrm Te correlation with the depth of the geotherm 400e500  C, speciﬁcally for seamounts older than 10 Myr (Watts, 2001). b. Left: Sketch of stress distribution due to bending of an ideal elastic plate. Right: Sketch of stress distribution in a bending visco-elasto-plastic oceanic plate, and interpretation of the seismogenic layer, Ts and equivalent elastic thickness, Te, of the oceanic lithosphere in terms of rheology (YSE) and its dependence on ﬂexural stress gradient (based on (Watts and Burov, 2003)). 3fxx, sfxx, and Rxy is ﬂexural strain, stress, and local radius of ﬂexure (Rxy ¼ K1). Thin solid line shows the YSE for 80 Ma oceanic lithosphere. The brittle behavior is controlled by Byerlee’s law, the ductile behavior by olivine power ﬂow law (n ¼ 3, A ¼ 7  1014 Pa3 s1, Q ¼ 512 kJ/mol (Kirby and Kronenberg, 1987,b)) and, the thermal structure by the cooling plate model (Parsons and Sclatter, 1977). The solid red line shows the stress difference for a load which generates a moment, M, of 2.2  1017 N m1 and curvature, K, of 5  106 m1. The ﬁgure shows that the load is supported partly by an elastic “core” and partly by the brittle and ductile strength of the lithosphere. The red dashed lines show the cases for K of 1 107 m1 and 1 106 m1 which bracket the range of observed values at trench-outer rise systems (Goetze and Evans, 1979; McNutt and Menard, 1982; Judge and McNutt, 1991)). The ﬁgure shows that Ts corresponds to the depth of the intersection of the moment-curvature curve with the brittle deformation ﬁeld, but could extend from the surface, Ts (min), to the Brittle Ductile Transition (BDT), Ts (max). Te, in contrast, could extend from the thickness of the elastic core, Te (min), to the thickness of the entire elastic plate, Te (max). Both Ts and Te depend on the moment generated by the load and, hence, the plate curvature. Yet, Ts increases with curvature while Te decreases. This ﬁgure represents an ideal case of pure bending stress in which Te and Ts can be inter-related. Generally lithospheric regions where strain is sufﬁcient to deﬁne Ts are in state of failure that may be largely produced by in-plane tectonic stress rather than by bending stress. In this case Ts and Te anti-correlate or have no direct relation. c. Re-interpretation of ﬂexure of an oceanic plate (Fig. 4a) under assumption of realistic rheology (Fig. 5b). Inelastic ﬂexure results in “plastic hinging”, e.g. formation of weak hinge zones at the inﬂexion points. The observed Te is thus horizontally variable and differs from that of an elastic plate. Flexural weakening is supposed to help initialization of subduction of cold old lithosphere. d. YSE based on “Crème brulée” rheology model: interpretation of the seismogenic layer, Ts and equivalent elastic thickness, Te, under assumption of Jackson (2002) that the mechanical strength of the lithosphere is concentrated in the brittle layer. This case considers brittleeelastic lithosphere with zero strength ductile part, for the same typical amount of ﬂexure (K ¼ 5  106 m1) and Ts value (20 km) as in the case shown in Figure 7b. The ﬁgure demonstrates inconsistence of two simultaneous assumptions: of weak ductile mantle and Te ¼ Ts, due to geometric incompatibility between seismogenic layer (Ts) and elastic thickness (Te) . If Ts ¼ 20 km than Te > 40 km. e. Variation of the mechanical strength, of integrated strength B and equivalent elastic thickness, Te, of the oceanic lithosphere as function of age and thermal structure. Te of the lithosphere actually depends on the gradient of bending stress related to local plate curvature, K. Te approximately equals the size of the “elastic core” plus half size of the underlying brittle zone and half size of the ductile zone beneath. Note that B correlates with Te. Note also that Te cannot be interpreted as a depth to some speciﬁc level in the lithosphere. Yet, it correlates well with hm or geotherm to 400e500  C (after Watts, 2001). f. Computed variations of oceanic lithosphere strength and elastic thickness in a bending visco-elastic plastic plate of 70 Ma (see also Fig. 5c). Plate ﬂexure is caused by a boundary force of 4  1012 N per unit length. Note formation of a large weakened zone including normal faulting at top. It is believed that water penetrates in the ﬂexurally induced normal faults resulting in additional drastic weakening of the lithosphere (reduction of brittle strength due to ﬂuid pressure and serpentinization). Together with inelastic yielding, these factors allow for easy bending of oceanic plates at subduction zones thus making subduction possible (without that strong old oceanic plates even though negatively buoyant will not subduct (i.e. ﬂex down), due their high strength). After Burov and Diament (1995).
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Figure 5. (continued).



5.3. Flexural strength and initiation of oceanic subduction Strengthening of the lithosphere with age creates a number of difﬁculties for explanation of initialization of oceanic subduction



(Cloetingh et al., 1982). Despite the wide-spread view that lithosphere subducts when it reaches maximum negative buoyancy due to cooling with age, at this moment it also reaches a maximum ﬂexural strength that normally should prevent downward bending
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This phenomenon, called plastic hinging, results in local 30e50% Te reduction allowing the plate to “turn” over the weakened zone. Finally (see also x 4.4) Faccenda et al. (2009) has suggested that ﬂexural weakening of the lithosphere is further enhanced by ﬂuids penetrating in the brittle part of the plastic hinge zone (Fig. 5c and f). Fluids result in reduction of lithostatic pressure and hence of brittle strength and also reduce the ductile strength through serpentinization. 5.4. Intraplate seismicity (Ts), Te and brittleeductile interactions



Figure 6. a. Summary of Te and Ts estimates for deep-sea trench e outer rise systems (after (Watts and Burov, 2003)). Data based on Table 6.1 of Watts (2001) and Table 1 of Seno and Yamanaka (Seno and Yamanaka, 1996). The Te estimates have been corrected for curvature. Solid lines show the YSE based on the same rheological structure as assumed Figure 7, a stress difference of 10 MPa, and thermal ages of oceanic lithosphere of 0e200 Ma. b. Seismicity distribution in Europe (Tesauro et al., 2009). The database contains more than 100,000 seismic events with magnitude between 1 and 9 for the time period 1973e2010. Black and red circles correspond to the earthquakes located in the crust and mantle lithosphere, respectively. The data on crustal thickness come from EuCRUST-07 (Tesauro et al., 2008). Intraplate sub-Moho earthquakes in continental domain are rare but not exclusive, speciﬁcally in the areas with crustal thickness < 20e30 km.



of the plate and hence subduction (Fig. 5e). It has been argued (Cloetingh et al., 1982) that conditions for oceanic subduction initiation could be optimal for a narrow time interval around an age of 30 Ma after sea ﬂoor spreading, when gravitational instability and relatively low strength occur simultaneously. Later, McAdoo et al. (1985) and then Burov and Diament (1995) have provided a mechanism (Figs. 4a, and 5c and f) that explains the possibility of downward bending of strong lithosphere due localized weakening cased by bending strains in the brittle and ductile parts of the plate.



Intraplate seismicity is concentrated in a speciﬁc depth interval called the seismogenic layer. The thickness, Ts, of this layer averages 15e20 km and rarely exceeds 40e50 km both in oceanic and continental lithosphere. In continents, most earthquakes thus naturally happen in the crust, since its average thickness is on the order of 40 km. Sub-Moho continental mantle earthquakes are rare (e.g., Deverchere et al., 1991; Monsalve et al., 2006; Tesauro et al., submitted for publication; Fig. 6b) to a point that their very existence is sometimes doubted (Maggi et al. 2000; Jackson, 2002). According to rock mechanics data, brittle properties of the oceanic and continental lithosphere cannot signiﬁcantly differ from each other. Hence, the similarity of Ts in oceans and adjacent continents might be suggestive of similar stress levels and thus of transmission of tectonic stress from oceanic to continental domain. However, some authors suggest that Ts is related to long-term lithospheric strength, and thus to Te (Maggi et al., 2000; Jackson, 2002, Fig. 6). These authors go further by suggesting that these parameters are equivalent thus inferring that the strength of the lithosphere resides only in its brittle part. For continents this means that all plate strength is concentrated in the crust, and implies that all previous Te estimates for old continental plates that exceed crustal thickness are incorrect. These ideas gave birth to the “crème-brulee” rheology model for continents (strong crusteweak mantle), in contrast to the “jelly-sandwich” rheology model (strong upper crustestrong mantle). From the mechanical point of view, it can be demonstrated that Ts and Te cannot correspond to the same layer in the lithosphere (Watts and Burov, 2003; Burov and Watts, 2006). Mechanical considerations suggest that Ts has its own signiﬁcance. Of course, this does not exclude the possibility that Ts and Te may have similar values. Yet, it was shown (Burov and Watts, 2006) that if Ts z Te, then about half of the plate strength has to be supported by its ductile part. In this particular case the quasi-elastic resistant core of the plate includes brittle and ductile layers in similar proportions. It was found, from force balance considerations (e.g., Cloetingh and Wortel, 1986; Molnar and Lyon-Caen, 1988; Zoback, 1992; Bott, 1993) that representative tectonic stresses and intraplate forces cannot exceed 100e600 MPa and 1013 N per unit length (meter), respectively. Byerlee’s law predicts that brittle strength linearly increases with pressure and, hence, depth (Fig. 5). Near the surface, brittle strength is 0-20 MPa, but it is 30e100 times higher in oceanic and continental mantle at 40 km depth: 0.6e2 GPa in oceans (depending on ﬂuid pressure) and around 2 GPa in continents (no ﬂuid pressure). Figure 5b demonstrates that bending stress, and thus the probability to reach brittle strength limits, decreases while approaching the neutral surface. For the above two reasons, the upper crustal layers fail more easely than mantle layers. At 50 km depth (the maximum depth of distributed seismicity), dry brittle rock strength is 2 GPa. Assuming a 100 km thick lithosphere, one needs a horizontal tectonic force of 1014 Nm to reach this strength. This value is improbable since it is one or two orders of magnitude higher than estimates for intraplate forces. A 2 GPa stress level may probably be reached only exceptionally, e.g. at location of inﬂexion points, where the sum of tectonic and
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bending stress is maximal. Yet, as mentioned, the absence of preexisting fractures in temperature-pressure healed mantle rock would prohibit Byerlee’s failure even if the differential stress level meets the required limit. Discussions on continental rheology stem from both the uncertainties in the rheology laws and the conﬂicting results on Te from continental studies. In contrast, oceanic Te estimates are considered to be robust. Te  Ts relations thus can be best understood using oceanic data. When all oceanic Ts data and Te data are plotted on the same depth plot, they appear to correlate (Fig. 6). Yet, when one separates the extensional and compressional events, the correlation is not observed: extensional earthquakes are systematically found at two times shallower depth than the corresponding Te values (Watts and Burov, 2003). This can be understood if one remembers that brittle (Byerlee’s law) extensional failure requires nearly two times smaller stress than compressional failure. This leads to the conclusion that earthquake depths are primarily controlled by intraplate stress level. Contrary to Te, for a ﬁxed intraplate force per unit length F, Ts must decrease with increasing integrated strength of the lithosphere B (F < B):



.  rg Ts zY F=Te þ sfxxjz¼Ts



(37)



Te ðoceansÞ < z0:7hm The factor Y ¼ 0:61 e0:851 comes from the Eq. (9), sfxxjz¼Ts is ﬂexural stress (Eq. (36)) at the depth z ¼ Ts. Eq. (37) shows that Ts decreases with increasing Te. Thus Ts and Te do not correlate but anti-correlate for all F < B (F ¼ B corresponds to whole-scale plate failure and is incompatible with ﬂexural deformation; F > B is not possible). For an unbent plate, Ts can be equal Te only if Te ¼ (0.8F/ rg)1/2. If F ¼ 1013 N m, Ts is less than 15e16 km, but Te ¼ 30 km (Fig. 5b). For smaller F, Ts < 1/2Te . If one accepts the CB rheology model where ductile mantle has no contribution to the bending strength (Fig. 5d) than Te  2Ts, which means that this hypothesis is mechanically inconsistent with the assumption that Te and Ts are equivalent. Flexural stress sfxx may increase the value of Ts by a factor of 2e3, but at the same time it would decrease Te by the same factor (Fig. 5e). As result, in oceans Ts and Te cannot approach each other until the plates preserves some elastic core (F < B). The maximum intraplate stress (sfxx þ F/Te) is limited to 2 GPa (Fig. 5). This yields Ts < 40e50 km, which is compatible with the observations (Maggi et al., 2000). As seen from Figs. 5 and 6, the strong mechanical core associated with Te is centered at the neutral plane of the plate, zn, whereas the seismogenic layer Ts is shifted toward the surface. This shows why Ts cannot have same geometric interpretation as Te. Since bending stresses are minimal near zn, the earthquakes are favored only at some depth above or below zn (Fig. 5b and c). The brittle strength linearly increases with depth, making deeper earthquakes less probable. It is thus natural that earthquakes are more frequent above zn. For a pure elastic plate, zn is located in the middle of the plate. For a brittle-elasto-ductile plate with a typical YSE, zn is only roughly located in its middle, depending on the proportion between the integrated strengths of the brittle and ductile domains (Fig. 5b). In most common case, the sizes of these domains are comparable, zn z 1/2 Te (max) and Ts < 1/2Te. If the ductile part is very weak (e.g., near the ridges, age < 4e10 Ma), the plate strength is concentrated in the brittleeelastic layer Ts. In this case earthquakes must occur at depths 40e50 km (Ranalli, 1995; Chester, 1995; Bos and Spiers, 2002). Starting from this depth, Peierls and GBS creep is more likely than brittle failure. This probably explains why intraplate earthquakes are rare below 40e50 km depth both in the oceanic and continental lithosphere. The most puzzling point refers to the observation that in the oceans, for given plate age, the maximum earthquake depth appears to correlate with the depth to the isotherm w400e500  C. This depth is about 40e50 km for plate ages between 70 and 180 Ma but is much shallower near spreading centers. Thermal models of lithosphere are quite uncertain, so quite a few earthquakes may also occur below the 500  C isotherm depth (e.g., Watts, 2001). At any rate, correlation of the maximal earthquake depth with temperature cannot be directly linked to the long-term ductile strength because at seismic strain rates the entire upper mantle behaves as an elastic material (Fig. 2). One possible explanation may be related to the fact that brittle failure can be activated only on pre-existing micro-fractures. Micro-fractures are likely to be healed under pressure in hot ductile mantle below the depth to 500  C. Ductile healing occurs in all kinds of rocks, particularly in the presence of ﬂuids. However, there is an essential difference between the dislocation creep characteristic of both hot lower crustal and mantle rocks, and the GSS GBS creep (Grain Boundary Sliding) that is more speciﬁc for olivine and can be activated in relatively narrow temperatureepressure interval between 500  C and 800  C, thus, at 40e70 km depth just below the continental Moho (Drury, 2005). GBS creep is strongly favored by a reduction in grain size under large strains and may result in localized strength drop and formation of ductile shear bands in the sub-Moho mantle. Meanwhile, rock retains considerable strength (w200e400 MPa), which, however, is smaller than for dislocation creep and is much smaller than the hypothetical brittle strength at 40 km depth (several GPa). The rock recovers its initial strength and deforms by dislocation creep as the grains re-grow. Hence, weak ductile shear bands will likely form in the subMoho mantle instead of high-stress brittle shear bands. Then, sub-Moho rocks will not be able to accumulate signiﬁcant elastic stresses and seismogenic stress release becomes improbable. Since the GBS creep is speciﬁc for mantle and not for crustal rocks, this might explain the scarcity of earthquakes below the continental Moho and sharp seismic transition between the crust and mantle. That said, sub-crustal earthquakes are rare but not unknown (Monsalve et al., 2006; Fig. 6b). There are also cases where earthquakes extend to really great depths (more than 300 km) while producing conventionally looking focal-depth solution mechanisms corresponding to simple shear sliding. The physical mechanisms of deep earthquakes are still not understood but it is agreed that deep seismicity is not related to Byerlee’s brittle sliding, for obvious reasons such as ultimate growth of brittle strength with increasing pressure and healing of the pre-existing fractures under
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combined increase of temperature and pressure with depth (Kirby et al., 1991; Scholz, 1990, 2002; John et al., 2009). As pointed out (Green, 2007), the only high-pressure shearing instabilities identiﬁed by experiment require generation in situ of a small fraction of very weak material differing signiﬁcantly in density from the “parent material”. Growing evidence (Green, 2007) suggests that earthquakes shallower than 400 km are most probably initiated by breakdown of hydrous phases and those below 400 km depth, as a shearing instability associated with breakdown of metastable olivine to its higher-pressure polymorphs. For example, intermediate depth earthquakes (below 300e400 km) may be caused by sliding on ductile shear bands that get weakened due to ﬂuidinduced metamorphic reactions and due to shear heating that under these conditions may lead to thermal runaway (John et al., 2009). These mechanisms are only weakly related to the initial rock strength, and it has been known for some time that, unlike shallow (i.e. depths < 50e70 km) earthquakes, deep earthquakes produce very few aftershocks. This aftershock behavior is an important argument that the earthquake generating mechanism differs between shallow and deep earthquakes. Indeed, in contrast to brittle shear bands, ductile shear bands are expected to selfweaken allowing for continuous sliding until all elastic energy accumulated in surrounding rock is realized, which reduces the possibility of further aftershocks. The observation of double seismic zones in subductioning slabs, one of which is the slab/mantle wedge interface but the second one is located near the neutral plane of the plate, also adds to the arguments in favor of the nonbrittle mechanisms of deep seismicity. 5.6. Constraints on long-term viscosity from subsidence data Volcanic islands such as Hawaii present an ideal example of point loading that can be used to evaluate long-term lithospheric strength (Watts, 2001). Acting as an almost instantaneous surface load, islands produce local depression, whose geometry and amplitude is reﬂected in seismic stratigraphic data. It was shown that the primary response of the lithosphere involves the integrated strength that is different from the longestablished strength. In general, the lithosphere exhibits high ﬂexural strength within the ﬁrst 10 Myr after loading (e.g., for Hawaii, Te(t ¼ 0) ¼ 90 km (Watts, 2001)), which progressively decays toward some asymptotic value (for Hawaii, Te(t / N) ¼ 30 km, (Walcott, 1970)). It is remarkable that the strength decay is exponential, as for a Maxwell solid, only within interval of a few Myr; after that strength remains unchanged or slowly increases with time following the common thermal age dependence. The subsidence data suggest that the characteristic relaxation times in the lithosphere are on the order of several Myr. Compared to the Maxwell relaxation times in the asthenosphere (10e100 yr), it suggests that the average lithosphere viscosity is 104e105 higher than the asthenospheric viscosity (1019e5  1019 Pa s). This yields a rough estimate of 1023e1024 Pa s for the depth-averaged viscosity of oceanic lithosphere and suggests that elastic strain plays an important role in long-term deformation. 5.7. Large scale lithospheric folding A number of observations (e.g., Weissel et al., 1980) reveal periodic undulations of the sea ﬂoor in zones of intraplate compression such as the Indian Ocean (see also discussion on continental folding in the following sections). These undulations may reﬂect compressional instabilities that develop in stiff layers overlying weaker layers or embedded in a weaker matrix. The minimal stiffness (viscosity) ratio needed for development of
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folding is w100 (Biot, 1961). The wavelength, l, of folding is roughly proportional to 5e10 thicknesses of the competent layer, hm:



l ¼ 2phm ðm1 =m2 Þ1=3 ðviscous rheology; no gravityÞ l ¼ 2pðF=DrgÞ1=2 ; FzBz2m1 3_ hm ðviscous gravity foldingÞ l ¼ 2pðGhm =FÞ1=2 ðelastic buckling; no gravityÞ l ¼ 2pð2D=FÞ1=2 ; Fzð4DDrghm Þ1=2 ðelastic gravity bucklingÞ (38) where m1 is average viscosity of the lithosphere and m2 is the viscosity of the asthenosphere. In the case of the Indian Ocean, the observed l is on the order of 250 km (Weissel et al., 1980), implying a 50 km thick stiff layer. This value agrees with the Eq. (37) and is close to Te estimates for Indian Ocean (40e50 km, (Watts, 2001), Fig. 5). The wavelength of lithosphere folding thus can be used as a proxy for long-term strength of the lithosphere, in the same way as Te. According both to theory and experiments, noticeable folding develops in layered systems with competence contrasts higher than 100. The viscosity of the underlying asthenosphere is known to be on the order of 1e5  1019 Pa s. Hence, one can conclude that the average viscosity of the oceanic lithosphere is greater than 1021e1022 Pa s. This estimate provides only a lower bound on the mean viscosity of the lithosphere since l is weakly dependent on m1/m2 in the range 102 < m1/m2 < 104. Consequently, m2 can vary from 1021 Pa s to 1024 Pa s.



6. Rheology and structure of the continental lithosphere and continental margins 6.1. Common Goetze and Evans’ yield stress envelopes Similarly to the oceanic lithosphere, the continental YSE are derived from common assumptions such as the rheological structure, crustal thickness, lithosphere thickness a ¼ z(1330  C), thermal structure, strain rate ﬁeld, and so on. Since the continental crust is much more variable in its structure and composition than the oceanic crust, there is much larger variety of possible continental YSEs (Fig. 7). In contrast to the oceanic lithosphere, the thermal structure of continental plates is not well constrained because (1) they may have undergone several major thermal events in their history, (2) the thermal thickness, a, of continents is not well deﬁned, (3) about 50% of the continental surface heat ﬂux is due to relatively variable radiogenic heat production in the upper crust, and it is also inﬂuenced by surface processes and spatial variation in thermal properties. The common thermal model refers to cooling of a multilayer plate heated from below [(Burov and Diament, 1992, 1995; Afonso and Ranalli, 2004), Appendix B]. This model is characterized by a time of cooling t, also called thermotectonic age, has a vertically heterogeneous structure and accounts for radiogenic heat production in the crust. According to this model, thermal structure of the continental lithosphere becomes stationary after 400e700 Ma since the last major thermal event (e.g. Burov and Diament, 1995; Jaupart and Mareschal, 2007). The assumed difference in the mechanical properties of the upper crust, lower crust and mantle may lead to the appearance of weak ductile zone(s) in the lower crust that allows for mechanical decoupling of the upper crust from the mantle (e.g., Chen and Molnar, 1983; Kuznir and Park, 1986; Lobkovsky and Kerchman, 1992; Bird, 1991). Crustemantle decoupling occurs if the lower crust is mechanically weaker than mantle olivine at the Moho boundary. This decoupling implies the possibility of lateral ﬂow in the lower crust, enhanced by dissipative heating, grain size
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Figure 7. Continental YSE (after (Burov and Diament, 1995)). Equilibrium thermal thickness 250 km. Upper crust is controlled by quartz rheology, mantle lithosphere is controlled by dry olivine rheology. a. Continental YSEs as function of thermo-tectonic age and crustal composition. b. Continental YSEs as function of the background strain rate and crustal composition. c. Cases 1,2,3 e rheological envelopes for different lower crustal compositions: diabase, quart-diorite and quartz, respectively. For comparison, oceanic YSE (4) is shown in right bottom corner (thermal thickness 150 km).



reduction and as well as by possible metamorphic changes (Lobkovsky and Kerchman, 1992; Burov et al., 1993). For “common” quartz-dominated crust, decoupling should always occur, except for thin (e.g. rifted) crust ( 750 Ma). Presence of ﬂuids (wet/dry rheology) also promotes crustemantle decoupling.
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Figure 8. Compilation of observed elastic thickness (Te) against age of the continental lithosphere at the time of loading and the thermal model of the continental lithosphere (equilibrium thermal thickness, a ¼ z(1330  C), of 250 km (Appendix B). Also shown is the depth to the mechanical base of the lithosphere and maximum depths of seismicity (where available). The data refer to the studies that have taken into account - at minimum-surface topography loads. Where available, we preferred estimates based on robust forward models rather than on debated spectral models. In particular, common variants of FAA admittance technique (e.g., McKenzie and Fairhead, 1997; Jackson, 2002) are not applicable in areas of elevated topography (e.g. mountain ranges and plateaux), as well as near plate boundaries (since it cannot account for boundary forces associated with collision and slab pull) (Lowry and Smith, 1994; Watts, 2001; Watts and Burov, 2003; Jordan and Watts, 2005; Burov and Watts, 2006)). The lines are isotherms with account for radiogenic heat production in the crust. Filled squares are estimates of Te in collision zones (foreland basins, thrust belts); ﬁlled circles correspond to post-glacial rebound data. Isotherms 250e300  C mark the base of the mechanically strong upper crust (quartz). The isotherms 700e750  C mark hm, the base of the competent mantle (olivine). Note that there is no signiﬁcant changes in the thermal structure of the lithosphere after w750 Ma, though there are signiﬁcant reductions in Te even for these ages. These reductions are obviously caused by differences in crustal structure and rheology. The notations are: Foreland basins/mountain thrust belts data: E.A e Eastern Alps; W.A. e Western Alps; AD e Andes (Sub Andean); AN e Apennines; AP e Appalachians; CR e Carpathians; CS e Caucuses; DZ e Dzungarian Basin; HM e Himalaya; GA e Ganges; KA e Kazakh shield (North Tien Shan); KU e Kunlun (South Tarim); NB e North Baikal (chosen since this part of the Baikal rift zone is believed to represent a “broken” rift currently dominated by ﬂexural deformations); TA e Central and North Tarim; PA e Pamir; TR e Transverse Ranges; UR e Urals; VE e Verkhoyansk; ZA e Zagros. Post-glacial rebound zones: L.A. e lake Algonquin; FE e Fennoscandia; L.AZ e lake Agassiz; L.BO e lake Bonneville; L.HL e lake Hamilton. Data sources: S.A., AN., CR., HM, NB, KA, TA, PA, KU, GA, AD, TA, W.A, E.A., DZ, AP, GA, TR, VE, FE: (Burov and Diament, 1995 and references therin; Watts, 2001). Other data sources (ZA, L.A., L.AZ, L.BO, L.HL): (Watts, 1992, 2001).



A number of independent data sources provide additional constraints on the choice of crustal rheology. These include Te and other deformation data, seismicity distributions (Molnar and Tapponnier, 1981; Chen and Molnar, 1983; Cloetingh and Banda, 1992; Govers et al., 1992; Deverchere et al., 1993); seismic reﬂectivity and velocity anomalies (P and S), attenuation of S velocities associated with ductile zones or ﬂuids (e.g. Kusznir and Matthews, 1988; Wever, 1989); petrology data (Cloetingh and Banda, 1992); data from magnetotelluric soundings, which serve as indicators of the presence of melts and ﬂuids (Wei et al., 2001). 6.2. Age- and other dependences of the integrated strength of the lithosphere As for the oceans, Te data are the main proxy for the long-term strength of continental lithosphere. In continents, Te ranges from 0 to 110 km and shows only partial relationship with age. Although the continental lithosphere should strengthen while getting colder with time (Fig. 7), there is no such a clear Te-age dependency in continents as in oceans (Fig. 8). Many plates have experienced thermal events that have changed their thermal state so that it does not correlate anymore with their geological age (e.g., Kazakh shield (Burov et al., 1990)), Adriatic lithosphere (Kruse and Royden, 1994)). On the other hand, after 400e750 Ma (Fig. 8) the temperature distribution in the lithosphere approaches equilibrium state and does not evolve with age. As mentioned, the interpretation of the surface heat ﬂux in the continental domain is ambiguous because



of uncertain crustal heat generation and thermal effects associated with erosion, sedimentation and climatic changes (Jaupart and Mareschal, 1999, 2007). Surface heat ﬂow mainly reﬂects crustal processes and should not be used to infer the subcrustal geotherm (England and Richardson, 1980). The base of the mechanical lithosphere in continents, hm, is referred to the isotherm of 700e750  C, below which the yielding stress is less than 10e20 MPa (higher, than in oceans, temperature at the base of the mechanical lithosphere results from pressure effect on ductile strength, since in continents the depth to 500e750  C is greater than in the oceans). The mean background strain rates are typically known within one order of accuracy. As can be seen from Fig. 7b, such uncertainty is acceptable, since it affects the yield stress limits by no more than 10%. The rheological meaning of Te in the continents is not as clear as it is in the oceans (Figs. 7 and 8). The Te data show a somewhat bimodal distribution, with low values clustering at 30e40 km, and high values clustering at 80 km (Burov and Diament, 1995; Watts, 2001). The reason for this clustering probably refers to the inﬂuence of plate structure. That is, depending on the ductile strength of the lower crust, the continental crust can be mechanically coupled or decoupled with the mantle resulting in highly differing Te. Burov and Diament (1992) have shown for “typical” continental lithosphere, that the weak ductile zones in the lower crust do not allow ﬂexural stresses to be transferred between the strong (brittle, elastic or ductile) layers of the jelly “sandwich”. As result, there are several “elastic” cores inside the bending plate. In such a multilayer
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Figure 9. Predicted relationships between the rheology structure, age, plate curvature K, Te and Ts for continental lithosphere. a. Uniﬁed model of ﬂexural strength of lithosphere, computed using equations of Appendices A and B, for dry quartz upper crust, quartz-diorite lower crust, dry olivine mantle (Tables 3 and 4). Equilibrium thermal thickness, a ¼ 250 km (Appendix B). b. Stress distribution within continental YSE for concave upward and concave downward ﬂexure (see text). c. Predicted dependence of continental Te on age and curvature of the lithosphere, computed for normal crustal thickness, Tc, of 40 km and compared with the data for continental plates with normal crustal thickness. Right: geometry of corresponding YSEs (same composition as in a). d. Te and Ts as function of curvature in a two-layer classical “jelly sandwich” plate (strong upper crust, weak lower and intermediate crust, strong mantle). e. Te and Ts as function of curvature in a three layer plate (strong upper crust, strong lower or intermediate crust, strong mantle). f. Computed lateral strength (Te) variations in continental lithosphere (strength envelope from d) caused by surface loading (i.e. Gaussian mountain range 3 km height, Gaussian width 200 km), after (Burov and Diament, 1995). The color code corresponds to the ratio of the elastic stress for given amount of strain (elastic prediction) to the real stress value (inelastic correction). The zones characterized by stress ratio 1 are effectively elastic. The zones with smaller ratio correspond to inelastic deformation (¼weakening), brittle or ductile. g. Computed lateral strength (Te) variations in continental lithosphere, loaded on the end (cutting force F, right, or ﬂexural moment M, left (Burov and Diament, 1995). The color code corresponds to the ratio of the elastic stress for given amount of strain (elastic prediction) to the real stress value (inelastic correction). The zones characterized by stress ratio 1 are effectively elastic. The zones with smaller ratio correspond to inelastic deformation (¼weakening), brittle or ductile. Note the absence of brittle failure in the uppermost mantle (compare with Fig. 5f for the oceanic lithosphere).



plate, ﬂexural stress and strain levels are signiﬁcantly smaller than in an equivalently bent monolith plate of same thickness. Consequently, its Te, which is a measure of integrated bending stress, is also reduced. Te of a multilayer plate reﬂects the combined strength of all the brittle, elastic and ductile layers. Yet, it is not a simple sum of thicknesses of these layers (h1, h2 . hn) (Fig. 9a, Appendices A and B):







Te ðYSEÞw



h31



þ



h32



þ



1=3



h32 .



¼



n X l¼1



!1=3 h3l



(39)



Thus, in the case of two equally strong but decoupled layers (n ¼ 2) of total thickness h (e.g., crust and mantle), Te z 0.6h instead of h, i.e.



the integrated strength is reduced roughly by a factor of 2 compared to a mono-layer plate (e.g. old craton with strong coupled lower crust). The meaning of Te (YSE) in the continents thus becomes clearer. It reﬂects the integrated effect of all competent layers that are involved in the support of a load, including the weak ones. If the multi-layered continental lithosphere is subject to large loads, it ﬂexes, and the curvature of the deformed plate, K, increases. Te (YSE) is again a function of K and is given (Burov and Diament, 1995, 1996) by (Fig. 9b):



Te ðYSEÞ ¼ Te ðelasticÞCðK; t; hc1 ; hc2 .Þ



(40)



where C is a function of the curvature, K, the thermal age, t, and the rheological structure. A precise analytical expression for C is bulky
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Figure 9. (continued).



(Burov and Diament, 1992), although Burov and Diament (1996) provide a ﬁrst-order approximation for a “typical” case of continental lithosphere with a mean crustal thickness of 35 km, a quartz-dominated crust, and an olivine dominated mantle, which, they indicate, is valid for 109 < K < 106 m1. Te (YSE) then simpliﬁes to:



Te ðYSEÞzTe ðelasticÞ ð1=2þ1=4ðTe ðelasticÞ=Te ðmaxÞÞÞ   1  ð1  K=Kmax Þ1=2



(41)



where Kmax (in m1) ¼ (180  103 (1 þ1.3Te(min)/Te(elastic))6)1, Te(max) ¼ 120 km, Te(min) ¼ 15 km, and Te (elastic) is the initial elastic thickness prior to ﬂexure, which can be evaluated from Eq. (39). We show in Fig. 9, therefore, how Te and Ts would be expected to change using the more precise analytical formulations of Burov and Diament (1992, 1995) (Appendix A). The ﬁgure illustrates how the thickness of the brittle and ductile layers evolve with different loads and, hence, curvatures. On bending, brittle failure and, hence, the potential for seismicity preferentially develops in the
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Figure 9. (continued).



uppermost part of the crust. The onset of brittle failure in the mantle is delayed, however, and does not occur until the amount of ﬂexure and, hence, curvature is very large. Observations of curvature in regions of large continental loads provide constraints on the brittle strength of continental lithosphere. Curvatures range from 108 m1 for the sub-Andean to 5  107 m1 for the West Taiwan foreland basins (Watts and Burov, 2003 and references therein). The highest curvatures are those reported by (Kruse and Royden, 1994) of 4e5  106 m1 for the Apennine and Dinarides foreland. Figure 9 shows, however, that plate curvatures of 106 m1 may not be sufﬁciently large to cause brittle failure in the subcrustal mantle, unless the ﬂexed plate is subject to an externally applied tectonic stress. In the case illustrated in Figure 9, the stress required to cause failure in the sub-crustal mantle for this plate curvature is 350 MPa assuming “dry” Byerlee’s law. This is already close to the maximum likely value for tectonic boundary loads (e.g., Bott, 1993), suggesting that brittle failure, and, hence, earthquakes in the mantle will be rare. Instead, seismicity will be limited to the uppermost part of the crust where rocks fail by brittle deformation, irrespective of the stress level. This limit does not apply, of course, to Te. For curvatures up to 106 m1, Figure 9 shows that Te is always larger than Ts. Only for the highest curvatures (i.e. K > 106 m1) will Te < Ts . Of course, stress estimates shown in Figure 9 depend on the assumed rheology. In particular, frictional strength at depth may be several times smaller than the prediction of the Byerlee’s law in case of pore ﬂuid pressure (reduction by a factor of 5, Fig. 1). Yet the presence of ﬂuids will also reduce the ductile rock strength by the same or higher amount. As a result the rock may chose to ﬂow rather than to break; Te will be reduced and plate curvature would be higher for the same load. It thus appears difﬁcult to favor mantle “seismicity” by simple brittle strength reduction due to the presence of ﬂuids. Finally, it should be noted that the dependence of Te and Ts on the state of stress and plate curvature may result in strong lateral variations of Te and Ts both at local and regional scales (Fig. 9g and f). The



computations (Burov and Diament, 1995) demonstrate that surface loads (elevated topography or sedimentary loading; plate boundary forces) may result in strong lateral variations of both Te and Ts. Surface or subsurface loading may decrease Te (and increase Ts) by 30e50% (or more in case of initially weak plates). In particular, the lithosphere beneath mountain ranges or large sedimentary basins (rifts, forelands) may be signiﬁcantly weakened resulting in more “local” compensation of the surface loads. In subduction/collision zones, localized weakening due to plate bending under boundary forces may result in steeper slab dip and accelerated slab break-off. In case of weakened lithosphere (e.g., abnormal heat ﬂux, metamorphic reactions leading to strength drop), loading may result in total failure of the plate (¼local isostasy). Similar results are expected in active rift zones and metamorphic core complexes (e.g., Cloetingh and Burov, 1996; Buck, 2007).



6.3. Seismicity, Ts, brittleeductile transition and long-term strength The considerations of the previous section (see also Fig. 9) suggest a dual role for the continental sub-crustal mantle. In regions of low curvature, the mantle may be devoid of earthquakes, but largely involved in the support of long-term ﬂexural-type loads. In regions of high curvature, however, the mantle may be seismic, but the support of long-term loads is conﬁned mainly to the crust rather than the mantle. Despite differences in their time-scales, we may therefore be able to use the presence or absence of mantle earthquakes, at least in the plate interiors, as a proxy for whether it is the crust or mantle that is mainly involved in the support of longterm loads. This discussion should be considered in strict relation to the common, but probably incorrect (at least for great depths), assumption that pre-fractured “Byerlee’s” rock provides a more favorable background for activation of unstable catastrophic sliding than geologically ductile rock. At seismic time scales all rock down to lower mantle behaves as an elastic or elasto-plastic media. Any
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Figure 10. a. Compilation of data on continental Ts compared with the data on Te (based on (Watts and Burov, 2003)). b. Relationships between the plate curvature, Te and Ts for different ages of the lithosphere. Left: assumption of equilibrium thermal thickness of the lithosphere, a ¼ 250 km. Right: a ¼ 125 km. Black curves are for decoupled rheology, gray curves are for coupled rheology.



zones of mechanical weakness (fractures or ductile shear zones) may thus serve for nucleation of short-term brittle failure. Figure 10 summarizes the data and the expected the relationship between Ts and curvature for thermal ages of the continental lithosphere of 50, 500 and 1000 Ma. The circles show the maximum observed curvatures and, hence, the maximum likely value of Ts. In the de-coupled case, Ts does not exceed 15 km, which corresponds well with observations. Moreover, as for the oceans, Te and Ts are more likely to anti-correlate than correlate. Te always exceeds Ts, irrespective of thermal age and curvature. High Te values limit the amount of curvature due to ﬂexure and, hence, the ratio of Te to Ts increases with thermal age (and strength). The coupled case has the potential to yield higher values of Ts, but as Te increases then curvature decreases. The ratio of Te to Ts is therefore maintained. Interestingly, it is the oceanic lithosphere (Fig. 10) that is associated with the highest values of Ts. The reason for this is that the oceanic crust is much thinner than its continental counterpart and Byerlee’s friction law extends, uninterrupted, without the assistance of weak zones such as ductile lower crust in continents, from the uppermost part of the crust into the underlying mantle. As discussed in x 5.5, intraplate seismicity in continental areas is mainly located in the upper crust while it is often suggested that



the lower crust or intermediate crust is too weak to deform in the brittle regime (e.g. Chen and Molnar, 1983). as also mentioned in x 5.5, a number of studies have also indicated the presence of seismic events in the lower crust as well as in the upper mantle (Shudofsky, 1985; Shudofsky et al., 1987; Deverchere et al., 1991; Cloetingh and Banda, 1992; Doser and Yarwood, 1994; Monsalve et al., 2006). Even if sub-Moho seismicity exists, it is clear that mantle microearthquakes are rare and do not form a distinct population (e.g., Aldersons et al., 2003). There is evidence from seismic reﬂection proﬁles that the continental Moho is sometimes offset by faults (Klemperer and Hobbs, 1991; Cloetingh and Banda, 1992; Burov and Molnar, 1998), although the signiﬁcance of this observation is not entirely clear. Even though experiments suggest that brittle shear instabilities are unlikely at pressures corresponding to continental Moho depths (40 km) while mantle peridotites are prone to aseismic ductile shear banding due to speciﬁc localizing mechanisms such as GBS creep (x 5.5), there is also an alternative explanation for little or absent mantle seismicity (Jackson, 2002). This author suggests that the mantle has a very low short-term ductile strength and thus deforms in ductile regime at seismic time scale. This, we believe, is a confusion. Even if one admits that the mantle is ﬂuid at geological time
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scale, it does not mean that it may ﬂow at seismic time scale. Extrapolation of rock mechanics data (Fig. 2) suggests that at seismic time scale, ductile creep cannot be activated within the lithosheric temperature-stress range: one needs temperatures higher than 1500e2000  C or stresses > 1 GPa (Watts and Burov, 2003; Burov and Watts, 2006). On the other hand, there is little doubt that mantle is stronger than the asthenosphere, which has a viscosity of w5  1019 Pa s at a strain rate of 1015 s1. Re-computing ﬂow stress for seismic time scale (Eq. (14), strain rates of 101e104 s1) shows that even for such a “weak” rheology, the yield stress must be . on the order of 10e100 GPa, i.e. 10e1000 times higher than any imaginable tectonic stress. This proves that in no case the absence of seismicity cannot be regarded as a sign of rheological weakness. Finally, it should be kept in mind that seismicity is related to frictional release of elastic strain accumulated during the interseismic period (Scholz, 1990). Hence, if one assumes that mantle is so weak that it prevents deep brittle seismicity, then it should be characterized by Maxwell relaxation times on the time-scale of postseismic rebound (from several seconds to one month). This would lead to an inconsistent conclusion that the lithosphere mantle is 3 orders of magnitude weaker (m ¼ 1016 Pa s) than the asthenosphere, where relaxation times are 100e1000 years. The assumption of weak mantle rheology clearly does not hold in regions where Te is greater than crustal thickness (Te w 40e110 km). For these areas the most obvious explanation for rare sub-crustal seismicity is crustemantle decoupling (Figs. 9 and 10), ductile, instead of brittle, shear strain localization in the mantle (x 5.5), and/ or insufﬁcient level of intraplate stress compared to high brittle strength resulting from strong conﬁning pressure at Moho depth (Scholz, 1990). According to Byerlee’s law, the brittle rock strength, sb, scales as lithostatic pressure, or sb z 0.6rgz  0.85rgz. The level of intraplate stress is limited to several hundreds MPa. For a stress level of 500 MPa, maximum seismic depth is 15 km. For exceptionally high stress levels of 1 GPa this depth extends to 30 km, that is still above normal Moho. In the case of weak lower crust, transition of deviatoric stresses between crust and mantle is attenuated. Then, the mantle stress level is reduced, speciﬁcally in case of bending. Figure 9 shows, for example, that bending stresses may exceed ductile limits in the lower crust inducing ﬂow and decoupling even in initially coupled system. The horizontal far-ﬁeld stresses that are detected, for example, in Europe (see Müller et al., 1992), may also result in crust-mantle decoupling. The vertical gradient of bending stress can be calculated from the observed radius of plate ﬂexure. Therefore, it is possible to predict the conditions for brittle crustal or mantle seismicity from direct observations of ﬂexure (Burov and Diament, 1992; Cloetingh and Burov, 1996). The rare cases of lower crustal or sub-Moho mantle intraplate seismicity can be roughly classiﬁed as: 1) Zones of more or less homogeneous lower crustal seismicity (e.g. Albert rift, East Africa (Shudofsky, 1985; Shudofsky et al., 1987; Morley, 1989; Seno and Seito, 1994; Doser and Yarwood, 1994). 2) Zones of localized seismicity, generally along deep faults (Baikal rift (Deverchere et al., 1991), Rhine graben (Fuchs et al., 1987; Brun et al., 1991, 1992)). Cases of deep seismicity are more frequent in extensional settings and more rare in compressional settings. This conﬁrms once again the idea that depth of seismicity is related to intraplate stress level. Indeed, the level of tectonic stresses is limited by available plate driving forces and by rock strength. One needs 2-3 times higher stress for brittle failure in compression than in tension (Fig. 1), with or without ﬂuid pressure. Under homogeneous compression, brittle rock strength, and thus stress needed to break



the rock, may increase by a factor of 2, whereas under extension it may be reduced by a factor 2 ((Petrini and Podladchikov, 2000), Fig. 1). Consequently for the same intraplate stress level, maximum seismic depth is 2-5 times deeper for tension than for compression. The differentiation between zones of distributed and localized seismicity can be related to various conditions associated with seismogenic stress release: a) A more “basic” composition (Stephenson and Cloetingh, 1991; Cloetingh and Banda, 1992). In the areas where the lower crust has low temperature of creep activation (diabase, granulites, diorite etc.), it may favor distributed cracking at depths corresponding to 300e400  C (20e35 km). There may be also instabilities caused by compositional differences in the lower crust (e.g. Sibson, 1980). b) Variation of unstable-to-stable frictional slip on deeply penetrating faults (Tse and Rice, 1986). The brittle ductile transition refers to a bulk rheological property, while earthquakes are associated with frictional instabilities. Localized strain rate acceleration along the faults may keep material brittle even at Moho depths (40e50 km). Deep mantle-penetrating faults are suspected, for example, in the Northern Baikal rift or in Ferghana basin (Deverchere et al., 1993; Burov and Molnar, 1998) c) Non-brittle metastable mechanisms of seismogenic stress release. This may be related to, for example, to ductile shear banding potentially associated with unstable phase changes and thermal runaway, re-orientation of crystalline grids and a few other mechanisms, which are subject of intensive discussions (e.g., Kirby et al., 1991; Govers et al., 1992; Green, 2007; John et al., 2009). The inapplicability of Byerlee’s law at depths exceeding 40e50 km was outlined in a number studies (e.g., Kirby et al, 1991; Goetze and Evans, 1979). 6.4. Physical considerations beyond the observations of ﬂexure. Gravity potential theory, intraplate stresses Simple physical considerations can be used to estimate minimal strength of the lithpospheric plates needed to support surface topography and tectonic loads, or to deform in accordance with the observed deformation styles. The tectonic forces are limited by the energy of plate driving motions and by lithospheric strength. The ratio of surface topography loads to horizontal tectonic forces (Argand number, Ar) indicates whether a mountain range is mechanically stable or it collapses under its own weight. The maximum short-term height, and thus weight of mountains, is limited by gravity forces and by brittle strength of surface rocks. The long-term height, and the amplitude of crustal roots, also depends on the long-term strength of the supporting crust and mantle. Based on these considerations, a number of authors (e.g., Artyushkov, 1973; Fleitout and Froidevaux, 1983; Dahlen, 1981; England and Houseman, 1989) have developed conceptually elegant models allowing estimates of the minimal average stress levels in the lithosphere. This approach is based on computation of intraplate gravity driven stresses caused by horizontal variations in plate thickness and by density contrasts Dr. Isostatically compensated topography creates lateral pressure and potential energy differences that have to be balanced by horizontal tectonic stresses (sxx) to keep the topography at surface:
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This allows us to put lower bounds on the intergrated plate strength Bmin. It was found that gravity driven forces, and thus counterbalancing tectonic forces F and Bmin, should vary from
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1012 N to 1013 N per meter (i.e. per unit length in out-of plane direction). Depending on plate thickness, this yields average intraplate stresses sxx of 10e100 MPa, on the order of values (yet smaller) obtained by (Cloetingh and Wortel, 1986) from dynamic plate modeling. 6.5. Gravitational stability analysis. RayleigheTaylor instabilities, or survival of cratons, continental margins and mountain roots The crème-brûlée and the alternative jelly sandwich rheology models imply fundamental differences in the mechanical properties of mantle lithosphere. One can explore the stability of mantle lithosphere by posing the question “What do the different rheological models imply about the persistence of topography for long periods of geological time?” (Burov and Watts, 2006). The most stable continental lithosphere units are cratons. Their stability is favored by the presumed positive buoyancy of the depleted cratonic mantle and, as can be suggested, by its high integrated strength (e.g., Lambeck, 1983) resulting from a cold thermal structure and mantle dehydration (resulting in dry olivine rheology). The mean heat ﬂow in Archean cratons is w40 mW m2, which increases to w60 mW m2 in ﬂanking Phanerozoic orogenic belts (Jaupart and Mareschal, 1999). As Pinet et al. (1991) have shown, a signiﬁcant part of this heat ﬂow is derived from radiogenic sources in the crust. Therefore, temperatures at the Moho are relatively low (w400e600  C). The mantle must therefore maintain a ﬁxed, relatively high, viscosity that prevents convective heat advection to the Moho. Otherwise, surface heat ﬂow would increase to >150 mW m2 which would be the case in an actively extending rift (e.g. Sclater et al., 1980). Since heat ﬂow this high is not observed in cratons and orogens, then a thick, cool, stable mantle layer should remain that prevents direct contact between the crustal part of the lithosphere and the convective upper mantle. The positive or neutral buoyancy of Mg-rich depleted cratonic mantle is largely accepted, but not well quantiﬁed, because most data come from mantle xenoliths, which representativeness for the bulk mantle lithosphere is discussible (e.g., Artemieva, 2009a,b) and also because these data are not unambiguous (i.e., there are cases when xenoliths predict negative buoyancy for composite depleted mantle (Watremez et al., 2011)). The second factor of craton stability, the presumably high integrated strength of their mantle, is conﬁrmed from ﬂexural studies (e.g., Watts, 2001). Yet, most commonly used stagnant lid stability models based on viscous rheology fail to explain long-term thermal survival of cratons. Recently, Beuchert et al. (2010) and Beuchert and Podladchikov (2010) have shown that accounting for realistically high temperature-dependent viscosity ratio in the cratonic mantle can provide conditions for thermal craton stability for billions of years. Yet, it should be noted that the problem of survival of cratons also refers to their capability to support tectonic forces and signiﬁcant buried loads such as inherited crustal heterogeneities over long time spans (e.g., Burov et al., 1998). Thermomechanical models accounting for crustal heterogeneities indicate high integrated strength of the cratonic mantle (Burov et al., 1998; Francois et al., 2011) and conﬁrm previously obtained Te data (e.g., Watts, 2001). Young fertile oceanic mantle lithosphere is expected to have a negative buoyancy starting from an age of 30e50 Myr. The negative buoyancy of the mantle lithosphere at subduction zones is widely considered as a major driving force in plate tectonics. The evidence that, in contrast to depleted cratonic mantle, normal, undepleted continental mantle is in average 20 kg m3 denser than the underlying asthenosphere and is gravitationally unstable has been reviewed by Stacey (1992), among others. This instability is commonly accepted for Phanerozoic and younger lithosphere. Irrespective, volumetric seismic velocities, which are generally
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considered a proxy for density, are systematically higher in the lithospheric mantle than in the asthenosphere. Depending on its viscosity the undepleted mantle lithosphere therefore has the potential to sink as the result of RayleigheTaylor (RT) instability (e.g. Houseman et al., 1981; Buck and Toksöz, 1983). One can estimate the instability growth time (i.e. the time it takes for a mantle root to be ampliﬁed by e times its initial value) using Chandrasekhar (1961) formulation. In this formulation a mantle Newtonian ﬂuid layer of viscosity, m, density, rm, and thickness, d, is placed on top of a less dense ﬂuid asthenospheric layer of density ra and the same thickness (this formulation differs from that of Conrad and Molnar (1997) who used a ﬂuid layer that is placed on top of a viscous half-space. However, both formulations are valid for instability amplitudes < d). The most rapidly growing instability wavelength, l, is Ad where 2.5 < A < 3.0 and the corresponding growth time, tmin, is Bm((rm e ra)gd)1 where 6.2. < B < 13.0 and g is average gravity. One can evaluate tmin for a particular m by assuming (rm e ra) ¼ 20 kg m3 and 80 < d < 100 km. If the continental mantle can support large stresses (>2 GPa) and has a high viscosity (1022e1024 Pa s), as the jelly sandwich model implies, then tmin will be long (>0.05e1 Ga) i.e. comparable with age of cratons. If, on the other hand, the stresses are small (0e10 MPa) and the viscosity is low (1019e1020 Pa s), as the crème-brûlée model suggests, then it will be short (0.2e2.0 Myr). The consequences of these growth times for the persistence of surface topographic features and their compensating roots or antiroots are profound. The long growth times implied by the jelly sandwich model imply that orogenic belts, for example, could persist for up to several tens of Myr and longer whilst the crèmebrûlée model suggests collapse within a few Myr. We have discussed above a constant viscosity and a large viscosity contrast between the lithosphere and asthenosphere. A temperature dependent viscosity and power law rheology result in even shorter growth times than the ones derived here for constant viscosity (Conrad and Molnar, 1997; Molnar and Houseman, 2004). If either the viscosity contrast is small or a mantle root starts to detach, then Eq. (1) in Weinberg and Podladchikov (1995) suggests that the entire system will begin to collapse at a vertical Stokes ﬂow velocity of w1 mm y1 for the jelly sandwich model and w100e1000 mm y1 for the crème-brûlée model (note that these ﬂow velocities depend strongly on the characteristic wavelength of the instability, i.e width of the mantle root, which is assumed here to be l). Therefore, our assumptions imply that a surface topographic feature such as an orogenic belt would disappear in less than 0.02e2 Myr for the crème-brûlée model whereas it could be supported for as long as 100 Myre 2 Gyr for a jelly sandwich model. A number of authors (e.g. Okaya et al., 1996; Burov et al., 1998; Willingshofer and Cloetingh, 2003; Burov and Watts, 2006; Burov and Molnar, 2008) have made estimates of the lithosphere strength needed for support of long-term normal loads such as orogenic topography, crustal roots or inherited heterogeneities. These estimates show that strong lithosphere mantle with at least 20e30 km thick mechanical core is needed for long-term stability of crustal and topographic structures. Figure 13 shows snapshots of the deformation after 10 Myr in the experiments with normal orogenic loading. The surface load is represented by a Gaussian-shaped mountain, 3 km high, 200 km wide, of uniform density (2650 kg m3). As can be seen, for the crème-brûlée model the crust and mantle already become gravitationally and mechanically unstable after 1.5e2.0 Myr. By 10 Myr, the lithosphere disintegrates due to delamination of the sub-Moho mantle followed by its convective removal and replacement with hot asthenosphere. This leads to ﬂattening of the Moho and tectonic erosion of the crustal root that initially supported the topography. The jelly sandwich model, on the other hand, is stable
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Figure 11. a. Sketch of typical folding models for continental lithosphere (h1 and h2 are thicknesses of the competent crust and mantle, respectively). The system is submitted to compression by horizontal tectonic force F. In the case when the lower crust is weak (“crème-brûlée” rheology model), the upper crust may fold independently of the mantle part (wavelength l2), with a wavelength l1 (decoupled, or biharmonic folding), which corresponds to the “jelly sandwich” rheology model senso stricto). Very young (1000 Ma) lithospheres (single competent layer or coupled crust and mantle) develop monoharmonic folding. Note that we call “jelly sandwich” all rheological proﬁles that include both strong upper crust and mantle, thus the case of very old coupled lithosphere from the bottom of the ﬁgure also corresponds to the “jelly sandwich” concept. Inset shows the analytical estimate for the growth rate of strongly non-Newtonian folding (coupled layers, non-Newtonian rheology) as a function of l/h for a typical ratio of the effective viscosities of the competent layer and embeddings (100 (after Burov et al., 1993)). Shaded rectangle shows the range of the dominating l/h ratios (4e6). b. The observed wavelength of folding (Table 5) as function of thermal age (calculated according to the model of Burov et al. (1993)). Numbers correspond to the ones used in the Table 5. Squares show the cases of “regular” folding, whereas the stars mark “irregular” cases (variable wavelengths, large amounts of shortening, important sedimentary loads etc.). Different theoretical curves correspond to the crustal, mantle (supporting the presence of the decoupled rheology) and “welded” folding. Modiﬁed from (Cloetingh et al., 1999). c. Topography and logarithm of strain rate ﬁeld predicted from the direct numerical thermo-mechanical experiments on high-amplitude folding in brittleeelasticeductile for oceanic lithosphere, in case “a” (Te w 40 km rheology proﬁle 4 for 50e75 Ma in Fig. 7a), and continental lithosphere in case “b” (Te w 60 km, rheology proﬁle 2 for 250 Ma in Fig. 7a) and “c” (Te w 80 km, rheology proﬁle 2 for 750e1000 Ma in Fig. 7a). All snapshots correspond to approximately 7 Myr since the onset of shortening (modiﬁed from (Gerbault et al., 1999)). Cases “b” and “c” correspond to the “jelly sandwich” litho-rheological structures from Figure 11a. The experiments conﬁrm the ideas presented in Figure 11a (e.g., biharmonic folding in case “b” with two different wavelengths developing together) and demonstrate the possibility of the development of large-scale folding despite of concurrent intense brittle faulting. De facto, folding controls localization of brittle faults that tend to localize at the inﬂection points of folds. d. Stable and unstable extension styles predicted from direct numerical
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Figure 11. (continued).



and there are only few signs of crust and mantle instability for the duration of the experiments (10 Myr). 6.6. Dynamic stability analysis using direct numerical thermomechanical models In order to substantiate the growth times of convective instabilities derived from simple viscous models, and response of the lithosphere to horizontal shortening, Burov and Watts (2006) carried out sensitivity tests using a large-strain thermo-mechanical numerical model that allows the equations of mechanical equilibrium for a visco-elasto-plastic plate to be solved for any prescribed rheological strength proﬁle (e.g., Cundall, 1989; Poliakov et al., 1993). Similar models have been used by Toussaint et al. (2004), for example, to determine the role that the geotherm, lower crustal composition, and metamorphic changes in the subducting crust may play on the evolution of continental compressional zones. Burov and Watts (2006) ran two separate series of tests (Fig. 12) using rheological properties that matched cases with weak mantle rheology (crème-brûlée, Fig. 3a and d) and strong mantle rheology (jelly sandwich, Fig. 3a and d), as well as some intermediate rheology proﬁles with weak or strong mantle. The goal of these experiments is to test what these and intermediate rheology models imply about the stability of mountain ranges and the structural styles that develop. The next sections show the results of stability tests and continental collision tests. 6.7. Resistance to stable deformation under compressional tectonic forces (“simple shear” subduction versus “pure shear” collision) Figures 14,15 show the results of the collision tests for 5 various YSEs considered in Jackson (2002) and Mackwell et al. (1998), see also Fig. 3). Figure 14a shows a snapshot of the deformation after



300 km of shortening, which at 60 mm y1 takes 5 Myr. The jelly sandwich models (three cases marked JS1, JS2 and JS3) are stable and subduction occurs by the underthrusting of a continental slab that, with or without the crust, maintains its overall shape. In addition, the predicted deformation style in the accretion prism appears to be highly realistic (Fig. 14b and c, (Burov and Yamato, 2008)). The crème-brûlée models (two cases in the bottom, one strong and another with weak lower crust), on the other hand, is unstable. There is no subduction and convergence is taken up in the suture zone that separates the two plates. The crème-brûlée model is therefore unable to explain those features of collisional systems that require subduction such as kyanite and sillimanite grade metamorphism. The jelly sandwich model, on the other hand, can explain not only the metamorphism and development of fold-andthrust structures (Fig. 14b and c), but also some of the gross structural styles of collisional systems such as those associated with slab ﬂattening (e.g. Western North America e Humphreys et al., 2003), crustal doubling (e.g. Alps e Giese et al., 1982), and arc subduction (e.g. southern Tibet e Boutelier et al., 2003) (Fig. 15). 6.8. Response to large-scale compressional instabilities (folding) Analysis of the subsidence and uplift history of sedimentary basins for a number of sites worldwide suggests that lithospheric folding is a primary response of the lithosphere to recently induced compressional stresses (e.g., Burov et al., 1993; Cloetingh et al., 1999; Cloetingh and Ziegler, 2007, Table 5, Fig. 11). Despite the widely held view that folding occurs only over a short time interval, it was shown (Cloetingh et al., 1999; Gerbault et al., 1999) that it can persist over very long periods of time (>10 Myr) independently of presence of in-homogeneities such as crustal faults (Fig. 11c). The numerical experiments on brittleeelasticeductile folding implemented in these studies show that formation of large-scale faults



elasticeviscouseplastic thermo-mechanical models (Burov and Poliakov, 2001), and compared with the typically observed extension styles. Application of common dry olivine ﬂow laws for mantle lithosphere yields generally coherent results for predicted styles of rifting. Right: rifting styles as a function of the amount of extension (factor b) according to geological observations (Salveson, 1978). Left: model predicted rifting styles (log strain rate) computed from elasticeviscouseplastic numerical model based on “jelly sandwich” rheology with strong upper crust (quartz) and upper mantle (olivine), after (Burov and Poliakov, 2001). The rheology proﬁle used for thermo-mechanical modeling corresponds to 150e200 Myr proﬁle 3 from Figure 7a.
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Figure 12. Setup of the numerical thermo-mechanical model aimed to study gravitational mechanical stability of the lithosphere (top) and evolution of continental collision (bottom). The numerical model is based on fully coupled thermo-mechanical large strain visco-elasto-plastic ﬁnite element code Paro(a)voz v.9 based on the FLAC algorithm (Cundall, 1989). This code allows for explicit testing of ductile, brittle and elastic rheology laws. The models assume a free upper surface and a hydrostatic boundary condition at the lower surface (depicted by springs in the ﬁgure). a) The stability test was based on a mountain range of height 5 km and width 200 km that is initially in isostatic equilibrium with a zero elevation 36 km thick crust. The isostatic balance has been disturbed by applying a horizontal compression to the edges of the lithosphere at a rate of 5 mm yr1. The displacements of both the surface topography and Moho were then tracked through time. b) The collision test was based on a continent/continent collision initiated by subduction of a dense, downgoing, oceanic plate. Assumed a normal thickness oceanic crust is 7 km, a total convergence rate of 60 mm yr1, and a serpentinized subducted oceanic crust (Rupke et al., 2002). Rheological properties and other parameters are as given in Tables 2 and 3.



does not prevent folding. In-turn, the localization and spacing of the faults is controlled by the wavelength of folding (faults tend to localize at the inﬂection points of folds). As suggested on the base of analytical considerations (Eq. (38), section on the oceanic folding), and conﬁrmed by the numerical experiments, the characteristic wavelengths, l, of small-amplitude folding are proportional to 5e10  thickness of the competent layers and thus are indicative of the lithospheric strength:



l < 5e10hw5Te  10Te



(43)



These wavelengths are determined by the presence of young lithosphere in large parts of Europe or Central Asia or by that of old lithosphere in the Canadian or Australian craton, as well as by the geometries of the sediment bodies acting as a load on the lithosphere in basins. The proximity of some of these sites to the areas of active tectonic compression suggests that the tectonically induced horizontal stresses are responsible for the large scale warping of the continental lithosphere. The persistence of periodical undulations in Central Australia (700 Ma since onset of folding) or in the Paris basin (60 Ma) long after the end of the initial tectonic compression requires a strong rheology compatible with the effective elastic thickness values of about 100 km in the ﬁrst case and 50e60 km in the second case (Cloetingh et al., 1999; Cloetingh and Burov, 2010). Figure 11 and Table 5 show recent compilation of the observed wavelength of continental folding (Cloetingh et al., 1999) compared to the predictions of analytical models (e.g., Burov et al., 1993). In continental lithosphere, there may be several competent layers, which yield different folding wavelengths. In such cases, observed folding wavelengths allow one to separate between strong crustal



and mantle layers. For example, in the case of Central Asian lithosphere, two wavelengths can be depicted: crustal, (50e100 km) and mantle (300e350 km). These wavelengths suggest the existence of roughly 10-km thick strong crustal “core” and 30e50-km thick strong mantle layer. In case of cratons (Central Australia), the folding wavelength reach 600 e 700 km indicating a 60 kmthick competent layer. In both cases, the thickness of the strongest folded layer appears to be higher than the crustal thickness, conﬁrming the idea that plates maintain considerable strength concentrated in their mantle part. The observations of folding suggest thicknesses of competent layers comparable with the corresponding Te estimates (Figs. 7 and 8). It is noteworthy, however, that there are some cases when l/Te ratios are abnormally high (>10) or low (105 yr) geological loads by ﬂexure. A number of seismic tomography studies (e.g., Soureau et al., 2008) have also demonstrated that when compared with
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Figure 13. Thermo-mechanical numerical tests of the stability of a mountain range using the failure envelopes associated with the jelly sandwich (Fig. 3d, or Fig. 5b of Jackson (2002)) and crème-brûlée (Fig. 3b and d or Fig. 5d of Jackson (2002)) rheology models. The thermal structure is equivalent to that of a 150 Myr-old plate. a. Crustal and mantle structure after 10 Myr has elapsed. Middle of the ﬁgure shows surface topography evolution for rheologies C1, C (jelly sandwich) and D (crème brulée), left, and effective shear stress distribution for the case C. Note rapid topography collapse in case D whereas cases C1 and C are stable. b. The amplitude of the mantle root instability as a function of time. The ﬁgure shows the evolution of a marker that was initially positioned at the base of the mechanical lithosphere (i.e. the depth where the strength ¼ 10 MPa). This initial position is assumed to be at 0 km on the vertical plot axis. The sold and dashed lines show the instability for a weak, young (thermo-tectonic age ¼ 150 Myr) and strong, old (thermo-tectonic age ¼ 400 or 500 Myr-old) plate respectively.
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Figure 14. a. Numerical tests of the stability of a continental collisional system using various possible failure envelopes (Fig. 3b and d). The ﬁgure shows a snapshot at 5 Myr of the structural styles that develop after 300 km of shortening. b. Deformation of the passive marker grid highlighting multiple thrust-and-fold structures forming at different stages of continental subduction, for the experiment corresponding to the rheology proﬁle “C1” from a. Formation of such structures requires a relatively low strength of the near-Moho zone in the lower crust (possibility of crustemantle decoupling) and a strong mantle as a sliding surface. This explains the eventual complexity of some of the resulting PeTet paths. For the
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Figure 15. Comparison of shortening styles of continental lithosphere in case of weak lower crust (right) and strong dry diabase lower crust (left, rheology proﬁle from Fig. 3b). As also shown in Figure 14d, strong lower crust promotes large scale folding instead of subduction. Similarly to Figure 14a, Moho temperature characterizes the geotherm and thus the rheology proﬁle.



the distribution of seismicity, tomography reveals that earthquake depths are often limited by density or compositional boundaries, speciﬁcally those between the upper and lower crust. This may be related to stress drops caused by mechanical inconsistencies between these layers. Seismic patterns do not allow for discrimination between the brittle and hypothetical non-brittle ductile earthquakes. Although the absence of earthquakes beneath the seismic Moho remains enigmatic, the simplest explanation refers to the insufﬁciency of tectonic and bending stresses to reach high brittle strength at Moho depth and below, healing of micro-fractures, and dominance of GBS shear strain localization that is speciﬁc for mantle in temperature range of 500e800  C. As shown in Figure 9, for continental crust of typical thickness and a crust-mantle detachment, the bending stresses at the crust-mantle boundary are lower then the yielding strength, whereas the weight of the thickened crust increases the brittle strength of the mantle lithosphere. From ﬁeld observations it is argued (Handy and Brun, 2004; see also x 5.5) that earthquakes can be reasonably interpreted as a manifestation of a transient mechanical instability within shear zones. According to observations of outcropping fault surfaces, most shear zones have very speciﬁc rheological properties that distinguish them from normal rocks. For example, in these zones, ductile mylonitic creep is punctuated by ephemeral high stress events involving fracture, frictional melting and episodic local loss of cohesion. 7.2. Post-seismic relaxation data and long-term deformation A number of studies interpret post-seismic relaxation data in terms of the long-term viscosity of the crust or mantle (e.g., DallaVia et al., 2005; Pollitz et al., 2001; Sabadini and Vermeersen, 2004). Most of these studies yield “subsurface” viscosities of 5  1016 Pa s to 2  1019 Pa s. These values are smaller than the estimates of asthenospheric viscosity derived from post-glacial rebound data, but considerably higher (8 orders of magnitude) than predictions of rock mechanics for seismic time scale (Fig. 2). They are also 3e6 orders of magnitude lower than what can be



inferred for long-term deformation from the data of rock mechanics, except for some quartz-dominated lower crustal compositions. We conclude that post-seismic viscosity values are either not indicative of the long-term behavior, referring to early Kelvin’s reaction according to Burger’s rheology model (Eq. (30), or are indicative of highly non-linear behavior, which yields disproportionally small viscosities at high deformation rates. Several mechanisms may be considered, for example, preferential deformation due to cavitation in ﬁne-grained mylonitic shear zones that results in porosity increase and major ductile weakening of the shear zone (Bürgmann and Dresen, 2008). Such deformation may only occur at seismic and post-seismic time scales. Since postseismic deformation rates may vary with time, the effective Kelvin’s viscosities might be also non-linear. For example, one of the alternative explanations of the low post-seismic viscosity values refers to strain-rate dependent deformation caused by postseismic equilibration of ﬂuid pressure in seismically modiﬁed fracture networks. In all cases, post-seismic data are most probably not related to the long-term behavior. 7.3. Field observations and geophysical data Geophysical transects of plate margins and structural studies of exhumed fault rocks generally validate the rheology laws derived from experimental rock mechanics (Handy and Burn, 2004) assuming “jelly-sandwich” parameters. Seismically observed crustal and mantle lithosphere structures are largely indicative of cases of ductile lower crust and stronger mantle lithosphere. In particular, this refers to the geophysical traverses NFP20 and ECORS-CROP across the Alps (Frei et al., 1990; Bayer et al., 1989; ECORS-CROP Group, 1989; Kissling and Spakman, 1996) and DEKORP-ECORS across the Rhine Graben (Meissner and Bortfeld, 1990; Brun et al., 1991, 1992). The Alpine part of the transects shows that the lower crust of the Apulian plate is detached from its underlying mantle and forms a north-tapering wedge between the downgoing European lithosphere and partly exhumed nappe ediﬁce of the Alpine orogen (Handy and Burn, 2004). Burov et al. (1999) have studied the mechanical stability of this structure to



sake of space, the image is cut horizontally at 650 km depth (the bottom is not shown). Green color corresponds to sedimentary depots. c. Zoom to the central part of b (Burov and Yamato, 2006). Purple color corresponds to the created sedimentary matter, orange color marks the upper crustal material, red color marks the lower crustal material. The gradation of the scale bar is 50 km. d. Experiments of a (proﬁle C1), b and c repeated for the case of strong dry diabase lower crust (quartz-diabase-dry olivine rheology) at 5.5 m.y. Moho temperatures are respectively 400  C, 500  C and 550  C. All other parameters and details are exactly the same as in the experiments from the ﬁgure. Note important buckling of the plates imposed by the presence of strong diabase crust that results in mechanical coupling between the plates. Purple color corresponds to the sedimentary matter or to the oceanic slab, orange color marks the upper crustal material, red color marks lower crustal material. Blue (dark or light) color marks mantle lithosphere; gray color marks the asthenosphere.
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ﬁnd that high mantle resistance compatible with a 30 km thick competent mantle lithosphere layer is required to ensure its longterm stability. Similar considerations concerning the presence of strong mantle can be derived from seismic cross-sections of the Rhine Graben, and those across the Altyn Tagh fault system (Wittlinger et al., 1998) and Ferghana basin (Central Asia, (Burov and Molnar, 1998)), accross the Abitibi-Wawa belts and Kapuskasing uplift system in the Canadian craton (LITHOPROBE). In the case of the Altyn Tagh fault system, oblique convergence of the bounding plates is accommodated by the Altyn-Tagh strike-slip and thrust system indicating that the lithospheric mantle was displaced along the fault as a rigid media. Remarkable direct evidence of high mantle strength is based on the data on the Kapuskasing uplift (Burov et al., 1998). The Kapuskasing structural zone cuts structures of the Superiour Province in the Canadian Shield: the Abitibi-Wawa granite-greenstone belts to the south and Quetico-Opatica metasedimentary belts to the north. The geophysical and seismic transect LITHOPROBE reveals enormous volumes of dense granulates thrust upward along the ancient Kapuskasing thrust fault that was active about 2700 Myr ago. Despite the load of the granulite body, which exceeds that of an “average” mountain belt, Moho boundary shows a small depression with an amplitude of just a few kilometers, which implies Te of 100 km and viscosities > 1024 Pa s. It was concluded that independently of crustal strength, the mantle part of the lithosphere of the Canadian craton should include a strong layer with a minimum thickness of 60 km, and thus rheology corresponding to strongest of the dry olivine rheologies (Table 2). This conclusion has been drawn (Burov et al., 1998) from the results of thermo-mechanical numerical models testing the mechanical stability of the Kapuskasing structure for a wide spectrum of rheology laws. It is also noted that in the collision zones (e.g., Himalaya), the lower crust is practically never exposed at the surface. Since the lower crust is lighter than the mantle, the simplest explanation would be that it is dragged down by the downgoing mantle lithosphere, which requires high mantle strength. 8. Conclusions and future perspectives Although rheology laws based on experimental data of rock mechanics may be partly representative for long-term and largescale deformation, they need validation and re-parameterization for geological temporal and spatial scales. This particularly refers to the ﬂow laws for crustal rocks, due to the diversity of mineralogical composition of continental crust (Burov, 2002). Long-term rheological properties can be scaled on the basis of observations of long-term/large scale deformation such as the deformation of the lithosphere under known geological loads (ﬂexure, collisionsubduction, folding, boudinage, rifting), tectonic deformation styles, seismic and geodetic data, post-glacial rebound data and so on. The laboratory data serve as a “ﬁrst guess” for construction of long-term rheological models. Parameterization of these data requires better constraints on some major structural parameters such as the equilibrium thermal thickness of continents, a ¼ z(1330  C), and density contrasts between the lithospheric mantle and asthenosphere. The data on the equivalent elastic thickness (Te) and other large-scale data conﬁrm that the rheology of the oceanic lithosphere is in acceptable agreement with rockmechanics data for dislocation creep in dry olivine. For continents, rock-mechanics data are largely compatible with the observation that Te varies from 0e10 km in young plates to 110e120 km in cratons. If Te > Tc, the strongest rheological layer refers to the mantle and ﬁts dry olivine rheology. If Te < Tc the strength is likely to be shared between crust and mantle. “Jelly sandwich” (decoupled) or “dried jelly sandwich” (coupled) rheology models appear



to be most applicable for continents. The data and models suggest that for equivalent conditions, the integrated strength of continental mantle does not signiﬁcantly differ from that of the oceanic lithosphere. After the thermal structure, the second major control on the mechanical behavior of continental plates refers to the diverse structure and rheology of their crusts. Depending on the crustal strength and thickness, continents may be either stronger or weaker than the oceanic plates. “Weak or moderate” continental plate strength (Te < 1e1.5Tc) refers to the cases of “generalized jelly sandwich” rheology with ductile lower or intermediate crust (most orogenic belts and some cratons, plateaux, most post-rift basins). Strong “dried jelly sandwich” applies to old cratons (Te ¼ 1.5e2.5Tc) where the lower crust is strong and thus crust and mantle are mechanically coupled. “Crème brulée” rheology (Te < Tc, strong crusteweak mantle) is extremely weak and may apply only for young or rejuvenated lithospheres or some active rift zones (e.g. Salton Sea, southern California and Taupo volcanic zone, north island New Zealand). The primary question related to the interpretation of the Ts data is “why is there little or no microseismicity below the depth to 500  C, or at most 40e50 km, both in the oceans and continents?”. The Ts data, we believe, are indicative of limited tectonic stress levels in the lithosphere and of small brittle strength of its upper layers compared to that of the deeper mantle. Since Byerlee’s brittle failure becomes less probable with growing pressure (depth) and with healing of the pre-existing fractures due to increasing pressureetemperature, it is highly probable that aseismic (e.g. grainsize dependent GBS creep, (Drury, 2005)) deformation replaces the Byerlee’s brittle failure in the mantle at temperatures above 500e600  C. GBS creep is speciﬁc for mantle olivine and is efﬁcient in the “cold” sub-Moho temperature range (500e700  C), which explains why the probability of earthquakes in the continental mantle is lower than in the crust. Ts is thus not a proxy for the integrated strength of the lithosphere or Te. Ts anti-correlates with Te if intra-plate force F < B (integrated plate strength). If F ¼ B, the entire plate is in the yield state and Te has no mechanical meaning while Ts equals BDT depth. The only possible relation between Ts and Te is related to the inﬂuence of Te on the mean intraplate stress level: for a given value of normal load or tectonic force F < B, Ts decreases with increasing Te. In most cases, simple consideration suggests, as a rule of thumb, Ts  Y(F/Te þ sfxx)/rg  1/2Te (Eq. (37)). In oceans, the only possibility for Ts ¼ Te refers to nearly broken plates having equally strong brittle and ductile parts. This invalidates the proposition that plate strength is concentrated in the brittle part. In continents, Ts ¼ Te may happen in “thermally young” plates because there, in contrast to oceans, Ts and Te may refer to different lithological layers, upper crust, lower crust and mantle (e.g. broken brittle crust supported by strong ductile mantle). Even provided that rheology laws based on experimental rock mechanics are robust, continental YSE based on these laws are subject to large uncertainties due to differing assumptions on the geotherm, background strain rate, hydrous conditions and crustal structure. It is largely these factors that mainly determine the longterm mechanical properties of the lithosphere. Hence, future investigations should focus on ﬁnding better observational and model constrains on these key conditions. In particular, the crosscompatibility of estimates of continental plate strength obtained from the observations of (1) ﬂexure (for Te values coming from the models accounting for all surface and subsurface loads), (2) folding, (3) mechanical stability models, and (4) ﬁeld and indirect geophysical data, support YSE proﬁles derived for dry olivine and (with more reservations) granite upper crust assuming plate cooling model for 200e250 km thick lithosphere. There is almost certainly no one type of strength proﬁle that characterizes all continental lithosphere. It was shown that jelly-
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sandwich rheology models (and their variants that include strong mantle and various crustal structures) are mechanically compatible with long-term support of tectonic loads and major structural styles, whereas crème-brûlée models, or any models with weak mantle, are mechanically unstable. Thermo-mechanical modeling of lithospheric deformation suggests that the persistence of surface topographic features and their compensating roots require that the sub-crustal mantle is strong and able to act as both a stress guide and a support for surface loads. It might be thought that it would not matter which competent layer in the lithosphere is the strong one. However, the models show that the density contrast between the crust and mantle is sufﬁcient to ensure that it is the mantle, rather than the crust, which provides both the stress guide and support. In our view, subduction, orogenesis, or narrow to normal rifting require a strong mantle layer. We have found this to be true irrespective of the actual strength of the crust. Weak mantle is mechanically unstable and tends to delaminate from the overlying crust because it is unable to resist forces of tectonic origin. Once it does delaminate, hotter and lighter mantle asthenosphere can ﬂow upward to the Moho. The resulting increase in Moho temperature would lead to extensive partial melting and magmatic activity as well as further weakening (e.g., Karato, 1986) such that, for example, subduction is inhibited and surface topography collapses in a relatively short interval of time. Acknowledgements A large part of this review study has beneﬁted from author’s collaboration with A.B. Watts. I am very much thankful to Mary Ford, Roger Buck and Antony Watts for critical reading and improving English of the ﬁnal version of the manuscript, and to the anonymous reviewer for constructive comments on the manuscript. I also thank P. Molnar, C. Jaupart, L. Jolivet, Y. Podladchikov and S. Cloetingh for many helpful discussions. This study was funded by the ANR EGEO program, and by ISTEP internal project funding. This study was not supported by INSU funding 2010e2011. Appendix A. Flexure of continental lithosphere with multilayered non-linear rheology The rheology-independent form of 2D plate bending equation is:
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where Mx is bending moment hm is the total thickness of the plate, Fx is horizontal ﬁber force, w is the vertical deﬂection of the plate (bathymetry, geometry of Moho), p- and pþ are negative and positive normal loads, respectively. The equivalent elastic thickness Te of a plate with arbitrary rheology (yet compatible with static bending) is:



v2 w T3 v2 w M ¼ D 2 ¼ E  e 2  or 2 12 1  n vx vx vﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃ ﬃ !1 u   u ﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃﬃ p 3 12 1  n2 v2 w 3 Te ¼ tM ¼ MK 1 G; 2 E vx



(A2)



where E and n are the assumed elastic parameters, K is plate curvature and G ¼ 12(1  n2)E1. For a single-layer plate (e.g., oceanic lithosphere, Te  hm) composed of n mechanically coupled rheological layers of thickness hi, i ¼ 1,.n:
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For a lithosphere composed of n mechanically decoupled layers:
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In case of equally thick decoupled layers (h1 z h2 z h3.¼h), Te z n1/3h instead of Te ¼ nh for a coupled plate (A3). Layer decoupling thus reduces Te by a factor of n2/3, that is, by 40e50% for n < 4. The effective rigidity D(x,w00 .) of a plate with non-linear rheology can be estimated as:
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Accordingly, Te ¼ Te(x, w00 .) of such a plate is:
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The boundaries of the rheological zones zij are not predeﬁned a priori but are computed, using an iterative procedure, as function of f. Mechanical decoupling of rheological layers has three major consequences: 1) Up to 50% reduction of the ﬂexural resistance, Te; 2) Maintenance of high resistance to cutting loads; 3) Te is mainly controlled by thickness of the strongest layer. Appendix B. Thermal model of the lithosphere The thermal structure of the oceanic lithosphere is described in detail in x 5.1. The thermal structure of multi-layer continental lithosphere is estimated using a similar half-space cooling model that is dived on 3 layers (upper and lower crust, mantle) and incorporates radiogenic heat sources:
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